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Abstract

Ratios of first-row transition elements (FRTE), such as Fe/Mn and Zn/Fe, may be fractionated differently by partial melt-
ing of peridotite than by partial melting of recycled lithologies like eclogite, and therefore may be useful as indicators of the
source lithologies of mantle-derived basalts. Interpretation of basalt source lithologies from FRTE ratios requires accurate
assessment of FRTE partitioning behavior between peridotitic minerals and coexisting melts. We present experimental deter-
minations of partition coefficients for several of the FRTE (Sc, Ti, V, Cr, Mn, Fe, Co, Zn) and Ga and Ge between basaltic
melt and olivine, garnet, pyroxenes, and spinel at 3 GPa. Because mineral/melt partitioning is sensitive to phase compositions,
a key feature of these experiments is that the melts and minerals are known from previous experiments to be in equilibrium at
the solidus of garnet peridotite at 3 GPa. Therefore, these partition coefficients are directly applicable to near-solidus partial
melting of the mantle at 3 GPa. We use these partition coefficients to calculate compositions of model partial melts of peri-
dotite and compare these to natural OIB. Model partial melts of peridotite have lower Fe/Mn (<62) and higher Co/Fe
(>7 � 10�4) than many primitive OIB, which implies that some other source lithology participates in the formation of many
OIB. Alternatively, these ratios may potentially be produced by garnet peridotite if the source contains �0.3% Fe2O3, con-
sistent with observations from continental xenoliths. Zn/Fe is a less sensitive indicator of non-peridotite source lithology than
either Fe/Mn or Co/Fe, as Zn/Fe in partial melts of peridotite overlaps with >75% of primitive OIB. Ga and Sc are fraction-
ated significantly by residual garnet, and high Ga/Sc may indicate the presence of garnet in basalt source regions. When tak-
ing into account several FRTE ratios simultaneously, few OIB appear to be consistent with derivation solely from a reduced
peridotitic source. The source either must have a modest non-peridotitic component, be Fe-enriched, or be slightly oxidized.
� 2012 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

Variations in radiogenic isotope ratios in mantle-derived
basalts demonstrate that Earth’s mantle is chemically heter-
ogeneous (e.g., Zindler and Hart, 1986). These variations in
isotopic signatures have been correlated with major and
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minor element variations of primitive oceanic basalts (Hau-
ri, 1996; Kogiso et al., 1997; Jackson and Dasgupta, 2008),
suggesting that different mantle isotopic end-members may
be linked to distinct melting lithologies or to enrichments in
volatiles and/or other metasomatic components (e.g., K2O).
In particular, oceanic island basalts (OIB) vary consider-
ably in major element (Kogiso et al., 1997, 2003), trace ele-
ment (Weaver, 1991), and isotopic composition (Zindler
and Hart, 1986), consistent with derivation from diverse
lithologies. While peridotite has long been thought to be
the chief source lithology for basalt, partial melts of eclogite
or pyroxenite may also contribute significantly during
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basalt petrogenesis (e.g., Hauri, 1996; Hirschmann and
Stolper, 1996). Detection and quantification of contribu-
tions from recycled oceanic crustal lithologies in the source
regions of OIB would provide key insights into the distribu-
tion of recycled lithologies in Earth’s upper mantle as well
as the processes that create, modify, and destroy heteroge-
neities in Earth’s interior. Thus, it is of interest to develop
geochemical techniques that can discriminate between dif-
ferent source lithologies of mantle-derived basalts.

Despite the reasonable first-order assumption that peri-
dotite is a principle source of basalt in the upper mantle, the
major element chemistry of OIB is inconsistent with partial
melts of fertile peridotites formed at conditions similar to
those likely present in the OIB source region (Takahashi
et al., 1993). Specifically, most OIB have more FeO and less
Al2O3 than near-solidus melts of garnet peridotite (Davis
et al., 2011). Some factors that may account for these com-
positional differences include melting at greater depths
where garnet stability is enhanced (Walter, 1998), enrich-
ment of the peridotite source in volatiles (e.g., Hirose,
1997; Dasgupta et al., 2007), metasomatism by fluids (Pilet
et al., 2005), or contributions from recycled lithologies (e.g.,
Chase, 1981; Hofmann and White, 1982; Weaver, 1991;
Hauri, 1996; Kogiso et al., 1998, 2003). It is not yet possible
to distinguish OIB as either products of enriched peridotite
or recycled oceanic crust based solely on major element
compositions, but trace elements may be useful additional
petrogenetic indicators.

The elements Sc, Ti, V, Cr, Mn, Fe, Co, Ni, Cu, and Zn,
collectively known as the first-row transition elements
(FRTE), have emerged as potential indicators of basalt pet-
rogenesis largely because they are compatible or only mildly
incompatible during partial melting in Earth’s mantle (e.g.,
Beattie et al., 1991; Humayun et al., 2004; Le Roux et al.,
2011). This behavior leads to fractionations between pairs
of FRTE that are distinct for different residual minerals,
significantly affecting ratios of these elements in erupted la-
vas. Humayun et al. (2004) reported high-precision mea-
surements of Fe/Mn in MORB, Hawaiian, and Icelandic
basalts that revealed Hawaiian basalts have Fe/Mn > 65
and therefore form a population distinct from MORB
and Icelandic basalts nearly all of which have Fe/
Mn < 62. Further investigation showed that Fe/Mn ratios
of lavas from Tahiti and, perhaps, St. Helena also are high-
er than those of MORB (Qin and Humayun, 2008). These
studies concluded that the high Fe/Mn in OIB lavas was
evidence of a deep mantle source, perhaps enriched in Fe
through interaction with the core, but also considered the
possibility that OIB could display such a signature if it were
derived in some part from recycled oceanic crust.

The interpretation that lavas with high Fe/Mn derive in
part from recycled oceanic crust was further developed by
Sobolev et al. (2005, 2007). These studies showed that
FRTE abundances and ratios (Ni, Cr, Fe/Mn, and Ni/
Co) in olivine phenocrysts in many intraplate lavas form
a population distinct from olivines in MORB (Sobolev
et al., 2005, 2007), and that the characteristics of olivine
phenocrysts from intraplate basalts were more similar to
olivines experimentally equilibrated with pyroxenite-de-
rived partial melts than those derived by partial melting
of peridotite. Le Roux et al. (2010) surveyed Zn/Fe ratios
of oceanic basalts and found that variations are greater in
OIB than in MORB and that MORB Zn/Fe is nearly the
same as that prevailing in the mantle as judged from perido-
tite xenoliths. Their measurements of Zn and Fe in cogenet-
ic phenocryst suites suggested that Zn/Fe fractionation by
olivine and opx cannot account for observed variations in
OIB, and suggested that high Zn/Fe of many OIB require
derivation from a cpx-rich source such as pyroxenite. They
presented experimental determinations of partitioning of
several divalent FRTE between basalt and olivine, opx,
and cpx, confirming that residual cpx fractionates Zn/Fe
and that olivine and opx do not (Le Roux et al., 2011).
These experiments also contributed valuable partitioning
measurements for other FRTE including Ni and Co.

There are few available data constraining the ability of
garnet to fractionate FRTE, apart from a few measure-
ments applicable to eclogite partial melting (Pertermann
et al., 2004). Residual garnet exerts considerable influence
on the partitioning of other trace elements, such as the hea-
vy rare earth elements (Shimizu and Kushiro, 1975; John-
son, 1998), and has been inferred to have significant
leverage over FRTE partitioning as well (Le Roux et al.,
2011). It may be that some of the other FRTE (i.e., Sc,
Ni, and Cu), as well as other compatible or modestly
incompatible elements such as Ga and Ge, could be useful
as petrogenetic indicators. It has been suggested, for exam-
ple, that distinct Ga/Ge ratios of MORB and OIB are ow-
ing to differences in source lithology (Arevalo and
McDonough, 2010b).

Here we present the results of FRTE partitioning exper-
iments in the system peridotite + melt. The experiments
were performed at 3 GPa near the solidus of fertile garnet
lherzolite and using melt and mineral compositions previ-
ously determined to be in equilibrium during incipient par-
tial melting (Davis et al., 2011). Several of these
experiments produced liquids simultaneously saturated in
olivine, opx, cpx, and garnet that are directly analogous
to putative partial melts of peridotite in OIB source regions.
The partition coefficients determined by these experiments
form the basis for a melting model that we use to explore
the hypothesis that FRTE ratios observed in natural OIB
can result from peridotite partial melting.

2. METHODS

2.1. Experimental design

Starting materials were mixtures of reagent grade oxides
and powdered glasses. Major and minor elements were
added as SiO2, TiO2, Al2O3, Cr2O3, FeO, MnO, and
MgO, and diopside, jadeite, and sanidine glasses. The mix-
tures were then homogenized with an agate mortar and pes-
tle by grinding under ethanol for 1–2 h. Three different
component mixtures were produced (Table 1): garnet lherz-
olite KLB-1ox.2, basalt 7, and a garnet powder with com-
position similar to those measured in Davis et al. (2011).
KLB-1ox.2 was synthesized to approximate the composi-
tion of spinel lherzolite KLB-1 from Kilbourne Hole,
New Mexico (Takahashi, 1986; Herzberg et al., 1990; Davis



Table 1
Major element compositions of starting materials.

KLB-1ox.2 Basalt 7a s.d. MISEgrt

SiO2 44.79 44.4 0.3 42.05
TiO2 0.11 2.38 0.05 0.63
Al2O3 3.52 12.17 0.11 23.40
Cr2O3 0.32 0.11 0.02 1.06
FeO* 8.19 9.40 0.13 6.50
MnO 0.12 0.14 0.02 0.21
MgO 39.57 16.1 0.4 20.65
CaO 3.07 10.5 0.2 5.46
Na2O 0.30 2.74 0.09 0.03
K2O 0.01 1.06 0.05 0.00
Total 100.00 99.0 99.99

Mixtures Perid:basalt:grt
FRTE 1 20:80:0
FRTE 1.1 30:70:0
FRTE 2 20:70:10
FRTE 2.1 20:70:10

a Basalt 7 composition determined from EMP analysis of a glass
fused at 1 GPa and 1600 �C in graphite. Peridotite and garnet
compositions are weights of powders measured during weighing
process.
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et al., 2009), and basalt 7 mimics melt compositions deter-
mined by Davis et al. (2011) to be in equilibrium with a
KLB-1 analog at its solidus (�1450 �C) at 3 GPa. These
three components were combined in three different propor-
tions (Table 1) and doped with 100 ppm each of Sc2O3,
V2O5, CoO, NiO, Cu2O, ZnO, Ga2O3, and GeO2.

We emphasize that the chosen starting compositions are
critical to the significance of the partitioning experiments
we present. In their review of trace element partitioning,
Blundy and Wood (2003) argued that tailoring partitioning
experiments to specific magmatic processes was problematic
because it is challenging to recreate conditions of near-sol-
idus partial melting while preserving large crystals and melt
Table 2
Experimental details.

run T1 (�C) T2 (�C) Cooling
rate
(�C/min)

Dwell
(h)

log fo2
a Starting mix Pha

A779 1565 1465 0.1 24 FRTE 1.0 glas
A781 1560 1460 0.1 24 FRTE 1.0 glas
A784 1565 1465 0.1 24 FRTE 1.1 glas
A786 1565 1465 0.1 24 FRTE 1.1 glas
A788 1565 1465 0.3 84 FRTE 1.1 glas
A791 1650 1465 0.1 48 FRTE 1.1 glas
A799 1650 1475 0.1 48 FRTE 1.1 glas
A806 1650 1465 0.1 48 FRTE 2.0 glas
A825 1520 1470 0.1 48 FRTE 2.0 glas
A830 1520 1470 0.1 48 FRTE 2.0 glas
A834 1520 1470 0.1 48 FRTE 2.1 qnc
A842 1520 1470 0.1 48 �6.4 FRTE 2.1 glas
A847 1520 1470 0.1 48 �5.9 FRTE 2.1 qnc

a From Fe content of Pt wire and coexisting melt (Medard et al., 2008
b glass indicates that an experiment contained glassy and quench-crysta

grt = garnet, spl = Mg–Al spinel.
c n = 8 for both A842 and A847.
pools for trace element analysis. We are able to overcome
this obstacle by using melt and peridotite compositions pre-
viously determined to be in equilibrium near the peridotite
solidus through iterative experiments (Davis et al., 2011).
This technique produces large pools of melt, saturated in
all four mantle mineral phases with compositions that are
similar to those present during incipient partial melting of
natural garnet peridotite.

Starting powders were packed into graphite crucibles
with an inner diameter of �1 mm and placed in Pt capsules
with outer diameter �3.8 mm. A �500 lm long piece of Pt
wire (�50 lm diameter) was added to two capsules to be
used as a monitor of experimental fO2. Additional graphite
powder was packed into the capsules, which were then
coned shut and kept overnight at 110 �C in a vacuum oven.
The capsules were then welded shut and the cones flattened.
The capsules were housed in crushable MgO spacers, in-
serted first into a graphite furnace, then into a BaCO3 pres-
sure cell, and wrapped in a thin piece of Pb foil.

Experiments were performed in a ½00 piston cylinder
apparatus at 3 GPa (±0.1 GPa, Xirouchakis et al., 2001).
Experiments were first heated above the intended dwell
temperature to produce an initially large melt fraction from
which to crystallize a few large minerals for laser ablation
inductively-coupled plasma mass spectrometry (LA-ICP-
MS). The temperature was held at this initial temperature
(T1) for two hours before cooling at 0.1 or 0.3 �C/min to
the dwell temperature (T2) and held for 24–84 h, as detailed
in Table 2.

The experimental runs were quenched by opening the
sample load pressure valve slightly, thereby inducing rapid
sample decompression, and then immediately cutting power
to the furnace, a method similar to that described by Put-
irka et al. (1996). This inhibits the formation of quench
crystals in the melt pools and increases the likelihood of
recovering glassy regions. Capsules were sectioned verti-
cally and each half was mounted in epoxy on a brass plug.
sesb Pt wirec: Pt (wt.%) s.d. Fe (wt.%) s.d.

s + cpx + ol
s + cpx + ol
s + cpx + ol + opx + grt
s + cpx + ol + opx
s + cpx + ol + opx
s + cpx + ol + opx
s + cpx + ol + opx
s + cpx + ol + opx + spl
s + cpx + ol + opx + grt
s + cpx + ol + opx
h + cpx + ol + grt
s + cpx + ol + opx 86.9 0.6 13.29 0.14
h + cpx + ol + grt 88.3 0.6 11.8 0.2

).
llized regions in its melt pool, qnch indicates no glass, ol = olivine,
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Samples were polished using dry diamond powder on nylon
pads to a finish of 0.25 lm and then coated with a thin (5–
20 nm) conductive carbon layer.

2.2. Analytical techniques

2.2.1. Electron microprobe (EMP)

Mineral and melt phases were identified using back-scat-
tered electron (BSE) images and energy dispersive spectra
(EDS), collected with the JEOL JXA-8900 electron micro-
probe at the University of Minnesota. Wavelength disper-
sive spectrometry (WDS) maps were collected for some
samples to reveal the presence of compositional zoning in
minerals.

Major element compositions of minerals were deter-
mined by WDS analysis by collecting at least 20 individual
analytical spots from each mineral phase present in the cap-
sule. In cpx grains with compositional gradients, an effort
was made to target both low-Al and high-Al regions of
the crystals. Mineral analysis was performed with a focused
spot (<1 lm), an accelerating voltage of 15 kV, and a beam
current of 15 nA. Count times were 20 s on-peak and 10 s
off-peak for all oxides except Na2O. Count times for
Na2O were 10 s on-peak and 5 s off-peak and Na2O was
measured on the first pass of the spectrometer to reduce
migration under the beam. Individual analytical points
were excluded from the average if totals were P101% or
<99%, or if the analyses gave poor stoichiometry (±0.01 to-
tal cations) calculated on a 4- (olivine, spinel), 6- (pyrox-
enes), or 12- (garnet) oxygen basis.

Melt analyses were performed with a 10 lm beam and
current of 10 nA. Glassy regions of the melt pool were ana-
lyzed when available, otherwise heterogeneous quenched
melt pools were analyzed at least 50 lm away from the
nearest equilibrium crystals. When analyzing glass, at least
17 analytical points were collected and averaged. When
analyzing heterogeneous quench products, analytical points
were selected by placing between 82 and 179 spots along
one or several lines, sampling at regularly spaced intervals
of 15 lm. This random selection of analytical points re-
duces the possibility of collecting a compositionally biased
dataset, as can result from manual spot selection. The num-
ber of analytical points collected from the quench products
was sufficient to give errors of the mean (r/

p
n, 68% confi-

dence interval) that were within 1% relative of the average
concentrations for all major elements and TiO2, and within
better than 10% of other minor elements. Measurements of
both glassy and crystalline quench regions of A825 and
A830 provide a further check on the accuracy of melt com-
positions determined from heterogeneous quench products;
these results are presented in Section 3.2.2.

Pt fO2 sensors loaded into two of the experiments (A842
and A847) were analyzed with a 5 lm spot and 15 nA beam
current. Pt and Fe metal standards were used. Fe and Pt
contents were measured by counting on the Ka and Ma

peaks, respectively. Points were collected across the ex-
posed area of the metal, but did not reveal any composi-
tional zonation. Compositions presented in Table 2 are
averages of all analyses that returned totals between 99%
and 101%.
2.2.2. Laser ablation inductively-coupled plasma mass

spectrometry (LA-ICP-MS)

Major and trace elements were analyzed by LA-ICP-MS
using a New Wave UP193FX (193 nm) ArF excimer laser
ablation system coupled to a Thermo Element XR sector-
field ICP-MS at the Plasma Analytical Facility, Florida
State University. Major element analysis followed Huma-
yun et al. (2010). Spot analyses were performed with
25 lm or 50 lm beam diameters, 10 s dwell times; line scans
and rasters were performed with 25 lm (5 lm/s) or 50 lm
(10 lm/s) beam diameters with scan speeds given in paren-
theses. Counting on the Element XR was initiated before
firing the laser and continued after the laser was turned
off to collect ample gas blanks. The resulting blank intensi-
ties were subtracted from the peak intensities. These cor-
rected intensities were then converted to oxide (for major
elements) or element concentrations by comparison to a rel-
ative sensitivity factor (RSF, Humayun et al., 2007; Ga-
boardi and Humayun, 2009):

RSF ¼ Ci=Ca

Ii=Ia

where Ci is the concentration of the oxide or element of
interest, Ii is the peak intensity of the isotope being moni-
tored, Ca is the concentration of SiO2 or MgO, and Ia is
the peak intensity of 29Si or 25Mg; SiO2 was used to calcu-
late RSF in an early session, and MgO in all subsequent ses-
sions. RSFs were determined by averaging triplicate
analyses of USGS reference glasses BHVO2 (Wilson,
1997b), BCR2 (Wilson, 1997a), BIR1 (Govindaraju,
1994), and GSE1. Other standards run as controls included
the NIST SRM 610 (Jochum et al., 2011) and the MPI-
DING glasses, KL2-G, ML3B-G, GOR132-G and T1-G
(Jochum et al., 2006). Reference glass GSE1 was tested be-
fore and after each session to check if the RSF value had
shifted during the session. During two sessions, the Si
RSF was found to have shifted. In the first instance, the
Si RSF used for sample A791, run in the middle of the ses-
sion, was adjusted along the line defined by the morning
and afternoon RSF determinations to give SiO2 in agree-
ment with microprobe measurements of A791 olivine. In
subsequent sessions, glass standards were reanalyzed multi-
ple times throughout the day to allow for adjustments in
RSFs if necessary.

Linear traverses were filtered by plotting concentration
against distance for important indicator elements and the
portions of the data that corresponded to a single phase
were averaged to obtain the phase compositions. For exam-
ple, if a scan began in a cpx grain and passed into a melt
region, the portion of the analysis where cpx was sampled
and the portion where melt was sampled were identified
by incompatible elements like TiO2 and K2O.

Some post-collection filtering was applied to find aver-
age compositions of minerals and melts. To avoid analytical
spots that might have sampled more than one phase, indi-
vidual mineral spots were excluded from averaging using
several criteria. Olivine analyses were excluded if calculated
KMg�Fe

D was found to fall outside the range expected for oli-
vines and melts in equilibrium (Toplis, 2005), or if incom-
patible elements were found in excessive concentrations
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(e.g., Al2O3 > 0.5 wt.%). Other phases were excluded from
averaging if their calculated stoichiometries fell outside an
acceptable range (±0.05 cations), similar to treatment of
EMP analyses (Section 2.2.1) but with a somewhat more
permissive filter. Pyroxenes and garnets from experiments
A786, A825, and A842 all gave calculated stoichiometries
that fell outside this range, and measurements of some ma-
jor elements in these phases differed by >10% relative from
measurements by EMP. This may have been due to drifting
RSF values, which we discuss in greater detail in
Section 3.2.

3. RESULTS

3.1. Phase relations and experimental textures

The final melt composition from the iterative experi-
ments of Davis et al. (2011) was chosen as the starting melt
composition of this study to ease the process of producing
experiments with basaltic melt in equilibrium with a fertile
lherzolite assemblage of olivine, orthopyroxene, clinopy-
roxene, and garnet. Additionally, these minerals and melts
should have major element compositions representative of
residues and melts plausibly found in the OIB source re-
gion. The resulting mineral assemblage in some experiments
achieved multiple saturation in all four mineral phases
(Fig. 1), but the added complexity of ramping above the
temperature of interest and then cooling resulted in several
phase assemblages that were different from the intended
olivine + opx + cpx + garnet + melt (Table 2).

A crystallization sequence can be inferred from the pres-
ence or absence of phases in experiments and from their
textures. In experiments that had a difference between T1

and T2 > 50 �C, commonly one large olivine crystal was
found in the center of a single large cpx crystal, while in
experiments with T1 � T2 = 50 �C several small olivine
grains were present at the bottom of the capsule. This sug-
gests that olivine is the liquidus phase. The order of opx and
cpx crystallization is less certain. Typically, opx was sur-
rounded by a single large cpx grain, which suggests that
opx crystallization occurred prior to or concurrent with
cpx crystallization. Garnet crystallized in five experiments,
and in one experiment spinel formed as the aluminous
phase instead of garnet. When garnet or spinel were present
they were in contact with the melt and, in all but one exper-
iment, were found surrounded entirely by melt (in the plane
of view). This suggests that garnet or spinel was the last
crystallizing phase.

Several experiments failed to crystallize garnet, possibly
because of its low proportion in the mineral mode of the
peridotite and its position at the end of the crystallization
sequence. In the single experiment in which spinel was pro-
duced, we believe it formed during the cooling step, owing
to the stabilization of spinel at high temperature at 3 GPa
(Robinson and Wood, 1998), and did not back-react to gar-
net during the remainder of the cooling and dwell steps.
This result was fortuitous as it allowed us to measure spi-
nel-melt partitioning. The retardation of saturation in
highly aluminous phases produced in some cases cpx grains
with high-Al zones, which presumably grew during a phase
of crystallization when the coexisting melt was supersatu-
rated in garnet. This presented a challenge for determining
cpx partition coefficients (see Section 3.2.1).

In all experiments, at least some portion of the melt crys-
tallized during quench, but glassy regions were preserved in
most samples. In experiments that contained both glass and
quench-crystallized melt, the glassy regions were usually lo-
cated away from crystals or the walls of the capsule (Fig. 1).
In one exceptional experiment, A786, pressure was dropped
much more rapidly than in the others during quench. This
experiment exhibited glassy regions in contact with the crys-
tals and capsule walls, and was the only experiment that
had melt present at the bottom of the capsule (Fig. 1).
These observations suggest that in this experiment signifi-
cant remelting of the residue occurred during the quench
step. This experiment serves as qualitative evidence that
glass formation is promoted by the so-called “pressure
quench” method originally described by Putirka et al.
(1996), widely used in piston cylinder laboratories (e.g., Bal-
ta et al., 2011; Krawczynski and Grove, 2012), and that the
magnitude of the pressure drop affects the extent of remelt-
ing that can occur.

Ni and Cu were not detected or were in extremely low
concentrations in minerals and melts of all experiments. It
has been previously observed that Ni is not contained by
Pt-graphite capsules (Matzen et al., 2009), and Fellows
and Canil (2012) observed severe Cu-loss from piston cylin-
der experiments run in Pt and Pt-graphite capsules. They
were able to reduce Cu-loss by encapsulating their samples
in Re-foil. It is interesting to note that Fellows and Canil
(2012) observed more rapid loss of Cu from experiments
lined with graphite than from those in direct contact with
Pt, which suggests that graphite plays a role in mobilizing
Ni and Cu. Le Roux et al. (2011) present measurements
of Ni concentrations in experiments run in graphite cap-
sules, but their experiments were doped at a higher concen-
tration (1 wt.%) than in our experiments.

3.2. Compositions and partition coefficients of experimental

products

Average major and trace element compositions of min-
eral and melt phases are presented in Tables 3–12. Most
measurements of major element compositions of melts,
olivine, opx, garnet, and spinel by EMP and LA-ICP-MS
agree to within 10% relative. Agreement between the two
methods is not as good for some minor elements (e.g.,
Cr2O3, MnO, CaO in olivine). Likely sources of disagree-
ment include imprecise measurements of minor elements
like Mn and Cr by EMP and shifts in RSF values during
LA-ICP-MS sessions. Si RSF shifts were observed during
two sessions (A788, A791, A806, A842, and A847 were ana-
lyzed in these sessions).

While perturbations to the RSFs can affect the absolute
concentrations reported from LA-ICP-MS measurements,
the RSF is cancelled out in the calculation of partition coef-
ficients. Thus, partition coefficients derived from LA-ICP-
MS analysis are accurate even when absolute concentrations
disagree with those measured by EMP. To better demon-
strate this, we compare partition coefficients derived by the



Fig. 1. Back-scattered electron (BSE) images of experimental textures. (a) Section from experiment A825 showing the textures of the mineral
and melt phases. Small olivines were commonly located at the bottom of capsules with a large, single cpx crystal partially enveloping opx
crystals. All garnets were found to be in contact with melt. (b) Experiment A786 demonstrates glass formation during pressure-quenching
(Putirka et al., 1996). This experiment was quenched with a much larger drop in pressure than other experiments, and the melt present at the
bottom of the capsule suggests extensive remelting during quench. (c) Close-up of glassy and quench-crystallized melt textures from
experiment A799. Dendritic quench crystals nucleate on equilibrium crystals and on the edges of the graphite capsule.

F.A. Davis et al. / Geochimica et Cosmochimica Acta 104 (2013) 232–260 237
two methods. Mineral/melt partition coefficients for those
FRTE that were measured by EMP are included in Tables
4, 6 and 7 (cpx/melt partition coefficients were not calculated
from EMP data because of chemical zonation in cpx de-
scribed in Section 3.2.1). For all olivine–melt pairs that exhi-
bit equilibrium KMg�Fe

D , DFe and DMn agree within error. All
but three measurements of Dopx=melt

Fe and three out of four
Dgrt=melt

Fe measurements agree within error. Average partition
coefficients calculated from all experiments using each
analytical method are in remarkably close agreement:
Dol=melt

Fe ¼ 1:03� 0:02 (LA-ICP-MS) and 1.01 ± 0.01 (EMP),
Dol=melt

Mn ¼ 0:78� 0:01 (LA-ICP-MS) and 0.78 ± 0.07 (EMP),
Dopx=melt

Fe ¼ 0:546� 0:010 (LA-ICP-MS) and 0.528 ± 0.008
(EMP), Dopx=melt

Mn ¼ 0:64� 0:01 (LA-ICP-MS) and 0.69 ±
0.06 (EMP), Dgrt=melt

Fe ¼ 0:654� 0:007 (LA-ICP-MS) and
0.677 ± 0.003 (EMP), Dgrt=melt

Mn ¼ 1:24� 0:02 (LA-ICP-MS)
and 1.26 ± 0.05 (EMP). LA-ICP-MS partition coefficients
(Table 13) are used in partial melting models presented in
Section 4 as they are generally more precise than those deter-
mined by EMP.

3.2.1. Compositional zoning in cpx

Rims of some cpx show an extreme enrichment in Al2O3

compared with equilibrium cpx compositions from iterative
sandwich experiments performed in the same system (Davis
et al., 2011). For example, cpx in A781 has 5.7 wt.% Al2O3

in its core, less than the equilibrium cpx Al2O3 concentra-
tion of 6.1 wt.% measured by Davis et al. (2011), but the
concentration of Al2O3 increases dramatically in the outer
100 lm of the crystal to >9 wt.% (Fig. 2). Concentrations
of the FRTE in cpx are correlated with Al2O3 (Fig. 2), so
determination of cpx/melt partition coefficients for a given
experiment depends on what is interpreted to be the equilib-
rium cpx composition. Elevated Al2O3 concentrations in
cpx rims may be related to a high activity of Al2O3 in the
absence of garnet, which was not present in many of the



Table 3
Electron microprobe measurements of major elements in experimental melt.

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d. A806 s.d.

n 20 32 20 20 20 20 20 20
Phase Glass Glass Glass Glass Glass Glass Glass Glass
SiO2 44.1 0.3 42.6 0.3 42.4 0.2 43.0 0.3 43.0 0.3 42.34 0.16 42.74 0.19 41.55 0.15
TiO2 2.86 0.06 3.28 0.08 3.45 0.08 2.92 0.05 3.35 0.07 2.89 0.06 2.66 0.06 3.24 0.05
Al2O3 13.42 0.13 14.95 0.13 12.36 0.15 14.0 0.2 14.99 0.13 13.13 0.08 12.74 0.10 14.40 0.10
Cr2O3 0.06 0.02 0.03 0.03 0.03 0.02 0.06 0.02 0.04 0.02 0.03 0.02 0.05 0.03 0.03 0.03
FeO* 9.08 0.12 9.92 0.14 8.23 0.10 8.94 0.13 9.96 0.11 8.13 0.12 9.17 0.13 8.61 0.09
MnO 0.13 0.03 0.14 0.02 0.13 0.03 0.12 0.03 0.13 0.02 0.14 0.03 0.15 0.03 0.15 0.03
MgO 15.68 0.13 14.73 0.18 16.01 0.15 15.5 0.3 14.60 0.17 15.56 0.13 15.23 0.14 14.00 0.13
CaO 9.20 0.13 8.55 0.12 9.33 0.09 9.45 0.14 8.77 0.14 9.84 0.11 9.59 0.09 9.48 0.09
Na2O 2.67 0.07 2.91 0.10 3.48 0.11 2.80 0.11 3.05 0.08 2.98 0.07 2.84 0.08 3.16 0.09
K2O 1.39 0.06 1.75 0.06 1.72 0.05 1.40 0.04 1.64 0.05 1.37 0.04 1.28 0.04 1.75 0.05
Total 98.6 98.9 97.2 98.2 99.5 96.41 96.44 96.37

A825 s.d. A825 err A830 s.d. A830 err A834 err A842 err A847 err

n 20 124 17 82 111 167 104
Phase Glass Quench Glass Quench Quench Quench Quench
SiO2 43.54 0.11 42.9 0.2 44.6 0.2 44.43 0.16 44.67 0.18 43.26 0.06 42.9 0.3
TiO2 3.03 0.05 3.028 0.018 2.50 0.08 2.467 0.011 2.867 0.014 2.538 0.008 3.24 0.03
Al2O3 13.44 0.11 13.20 0.05 14.61 0.13 14.51 0.03 12.54 0.05 14.76 0.02 11.76 0.06
Cr2O3 0.04 0.04 0.033 0.003 0.114 0.019 0.100 0.003 0.050 0.003 0.118 0.003 0.030 0.003
FeO* 7.86 0.10 7.88 0.04 7.89 0.11 7.96 0.03 9.92 0.08 10.16 0.02 10.69 0.11
MnO 0.16 0.03 0.137 0.003 0.13 0.03 0.142 0.003 0.141 0.003 0.144 0.003 0.144 0.004
MgO 14.92 0.12 14.53 0.11 15.60 0.17 15.51 0.07 15.26 0.11 14.52 0.07 14.3 0.2
CaO 9.43 0.09 9.36 0.07 9.93 0.13 9.84 0.06 9.02 0.10 8.88 0.03 8.93 0.11
Na2O 3.05 0.08 2.62 0.06 2.65 0.10 2.52 0.05 2.53 0.04 2.14 0.03 2.87 0.12
K2O 1.39 0.04 1.24 0.08 1.23 0.04 1.20 0.04 1.39 0.06 1.108 0.013 1.67 0.11
Total 96.86 94.9 99.3 98.67 98.38 97.62 96.6
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Table 4
Electron microprobe measurements of major elements in experimental olivine.

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 20 20 17 19 19 12 20
SiO2 41.0 0.3 40.8 0.3 40.95 0.16 40.20 0.15 40.53 0.15 41.42 0.25 41.14 0.17
TiO2 0.01 0.02 0.02 0.02 0.02 0.02 0.02 0.02 0.01 0.02 0.02 0.01 0.022 0.014
Al2O3 0.153 0.016 0.17 0.02 0.14 0.01 0.16 0.02 0.16 0.02 0.15 0.02 0.145 0.008
Cr2O3 0.05 0.03 0.03 0.02 0.03 0.03 0.05 0.02 0.03 0.02 0.06 0.03 0.06 0.02
FeO* 8.3 0.3 10.16 0.30 8.66 0.17 9.23 0.14 10.58 0.18 6.71 0.90 8.29 0.33
MnO 0.09 0.02 0.11 0.02 0.11 0.02 0.10 0.02 0.12 0.02 0.09 0.03 0.093 0.010
MgO 49.46 0.43 48.76 0.24 49.92 0.20 49.05 0.18 48.57 0.23 52.08 0.81 50.37 0.32
CaO 0.246 0.019 0.23 0.02 0.23 0.02 0.23 0.02 0.22 0.02 0.22 0.02 0.23 0.02
Na2O 0.026 0.016 0.04 0.02 0.03 0.02 0.04 0.02 0.03 0.02 0.02 0.02 0.038 0.018
K2O 0.000 0.010 0.004 0.014 0.005 0.011 0.011 0.011 0.006 0.012 -0.001 0.012 0.003 0.011
Total 99.4 100.3 100.10 99.10 100.26 100.77 100.39
KFe�Mg

D 0.29 0.31 0.34 0.33 0.32 0.25 0.27
DTi 0.004 0.007 0.005 0.005 0.007 0.005 0.006 0.006 0.003 0.005 0.006 0.005 0.008 0.005
DCr 0.9 0.6 0.8 1.0 0.8 0.9 0.9 0.5 0.6 0.6 1.8 1.5 1.2 0.8
DMn 0.7 0.2 0.8 0.2 0.8 0.2 0.8 0.3 0.9 0.2 0.6 0.2 0.62 0.15
DFe 0.91 0.04 1.01 0.03 1.02 0.02 1.02 0.02 1.05 0.02 0.8 0.4 0.90 0.04

A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d. A847 s.d.

n 19 4 6 20 18 20
SiO2 41.26 0.17 41.33 0.15 41.06 0.10 40.7 0.6 41.06 0.18 40.78 0.19
TiO2 0.008 0.016 0.02 0.02 0.031 0.016 0.032 0.019 0.011 0.016 0.024 0.018
Al2O3 0.169 0.012 0.175 0.016 0.18 0.02 0.173 0.016 0.17 0.02 0.187 0.013
Cr2O3 0.09 0.03 0.04 0.02 0.07 0.03 0.03 0.02 0.08 0.03 0.043 0.016
FeO* 6.5 0.2 8.29 0.11 8.34 0.09 9.98 0.15 9.8 0.2 10.50 0.16
MnO 0.10 0.02 0.10 0.03 0.11 0.02 0.10 0.02 0.11 0.02 0.11 0.02
MgO 51.11 0.27 50.53 0.08 50.82 0.10 48.5 0.6 48.9 0.2 48.04 0.19
CaO 0.22 0.02 0.237 0.014 0.23 0.02 0.257 0.018 0.27 0.03 0.248 0.019
Na2O 0.028 0.019 0.022 0.014 0.030 0.017 0.08 0.07 0.04 0.02 0.042 0.016
K2O 0.004 0.012 -0.002 0.01 0.001 0.016 0.018 0.018 0.004 0.012 0.003 0.011
Total 99.5 100.74 100.88 99.9 100.5 99.98
KFe�Mg

D 0.21 0.31 0.32 0.32 0.29 0.30
DTi 0.008 0.005 0.002 0.005 0.007 0.007 0.012 0.006 0.011 0.007 0.005 0.007
DCr 1.1 0.7 2.7 2.8 1.0 0.9 0.6 0.3 0.7 0.4 0.7 0.2
DMn 0.60 0.14 0.62 0.18 0.8 0.2 0.8 0.2 0.70 0.17 0.80 0.17
DFe 0.87 0.04 0.73 0.02 1.02 0.02 1.04 0.02 0.99 0.02 0.99 0.02
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experiments. In these experiments, the first cpx to crystallize
may have had lower Al2O3 than the equilibrium composi-
tion and then partially reequilibrated with the high Al2O3

melt (15 wt.%) by diffusion during the dwell step. It is also
possible that the increased activity of Al2O3 led to an in-
crease in Al2O3 in the late-forming cpx, so that the rim rep-
resents a crystal growth profile.

Irrespective of the cause of zonation, the rim cpx has
more Al2O3, and if used to calculate cpx/melt partition
coefficient, gives Dcpx=melt

Al ¼ 0:66, which is much higher than
the Dcpx=melt

Al ¼ 0:48 expected for equilibrium cpx (Davis
et al., 2011). Because we are interested in the cpx/melt par-
tition coefficients relevant to peridotite partial melting, we
used the known equilibrium Dcpx=melt

Al from Davis et al.
(2011) to determine Dcpx=melt for the FRTE. Measured con-
centrations of the FRTE vary nearly linearly with Al2O3

content in the cpx crystals (Fig. 2), so we determine the
equilibrium concentrations of FRTE by linear regression
to the Al2O3 concentration that gives the known equilib-
rium value of Dcpx=melt

Al ¼ 0:48 (Fig. 2). This is not an ideal
method to determine equilibrium partition coefficients,
but zoned cpx may be an unavoidable by-product of grow-
ing large minerals for trace element analysis (e.g., Hart and
Dunn, 1993). Close agreement of our cpx partition coeffi-
cients with trends in other experimental datasets (Sec-
tion 4.1) suggests that this is a reasonable method for
estimating equilibrium partitioning of FRTE in zoned cpx.

3.2.2. Compositions of glassy and quench crystallized melt

phases

To test whether our EMP measurements of heteroge-
neous quenched melt products accurately determine the
composition of the melt phase, we analyzed both glassy
and quench-crystallized portions of melt pools in two of
the experiments in which both were present (A825 and
A830, Table 3). Measurements from A830 are the same
within error for all elements. For A825, the measurement
from the quench-crystallized region is slightly lower in
SiO2 and Al2O3 (<1% relative) and is 14% lower in Na2O
than the measurement of glass. We also measured glassy
and crystalline regions in four experiments by LA-ICP-
MS laser traverses and found the average composition
was the same in each for all elements, except Na2O, which
is lower when measured in the quench-crystallized region,



Table 5
Electron microprobe measurements of major elements in experimental orthopyroxene.

A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 19 10 9 15 13
SiO2 55.7 0.2 54.81 0.14 52.9 0.9 56.2 0.2 55.3 0.3
TiO2 0.160 0.019 0.164 0.019 0.32 0.05 0.17 0.03 0.20 0.02
Al2O3 4.49 0.16 4.64 0.15 8.6 1.6 4.77 0.18 4.8 0.4
Cr2O3 0.34 0.02 0.36 0.03 0.24 0.04 0.35 0.02 0.35 0.03
FeO* 4.14 0.06 4.53 0.08 6.2 0.3 3.95 0.09 4.62 0.10
MnO 0.09 0.03 0.100 0.017 0.11 0.02 0.09 0.02 0.09 0.02
MgO 32.9 0.2 32.20 0.15 29.9 0.7 33.62 0.16 32.3 0.3
CaO 2.21 0.08 2.45 0.10 2.2 0.3 2.09 0.06 2.64 0.18
Na2O 0.24 0.04 0.25 0.02 0.34 0.03 0.230 0.018 0.281 0.018
K2O �0.003 0.008 0.003 0.007 0.011 0.013 0.001 0.012 0.009 0.016
Total 100.3 99.50 100.8 101.5 100.6
DTi 0.045 0.005 0.055 0.007 0.094 0.015 0.057 0.009 0.070 0.009
DCr 11 7 6 3 5 3 10 7 7 3
DMn 0.6 0.2 0.8 0.2 0.8 0.2 0.7 0.2 0.59 0.19
DFe 0.488 0.009 0.500 0.012 0.62 0.03 0.461 0.013 0.482 0.013

A806 s.d. A825 s.d. A830 s.d. A842 s.d.

n 18 19 11 8
SiO2 53.9 0.4 53.9 0.7 53.9 0.5 53.8 0.9
TiO2 0.19 0.03 0.22 0.04 0.219 0.016 0.29 0.03
Al2O3 6.8 0.5 6.9 1.2 7.0 0.7 6.9 1.3
Cr2O3 0.49 0.05 0.43 0.12 0.52 0.09 0.39 0.06
FeO* 3.97 0.15 4.9 0.2 4.98 0.16 5.1 0.4
MnO 0.087 0.013 0.10 0.02 0.100 0.016 0.10 0.01
MgO 31.8 0.3 31.4 0.5 31.3 0.4 31.4 0.8
CaO 2.26 0.11 2.23 0.12 2.34 0.08 2.33 0.12
Na2O 0.25 0.03 0.27 0.03 0.27 0.03 0.25 0.03
K2O 0.005 0.015 0.004 0.013 �0.002 0.010 �0.003 0.011
Total 99.8 100.5 100.6 100.5
DTi 0.058 0.008 0.072 0.013 0.086 0.007 0.107 0.014
DCr 15 15 11 8 4.5 1.1 3.4 0.4
DMn 0.56 0.13 0.75 0.20 0.74 0.19 0.73 0.12
DFe 0.445 0.018 0.61 0.03 0.62 0.02 0.53 0.04

240 F.A. Davis et al. / Geochimica et Cosmochimica Acta 104 (2013) 232–260
although there is more scatter in intensity measurements of
all elements from the crystallized region than in the glass
(see Appendix for details).

Mineral/melt partition coefficients of FRTE for each
experiment were determined by dividing the average min-
eral compositions (calculated compositions for zoned cpx)
by average melt compositions (Fig. 3). The partition coeffi-
cients presented in Table 13 are averages of the individual
experimental partition coefficients as determined by LA-
ICP-MS (Tables 9–12). In two experiments (A791 and
A806), no LA-ICP-MS measurements of olivine gave equi-
librium values for KMg�Fe

D (Section 2.2.2), so olivine/melt
partition coefficients from these experiments were not in-
cluded in the average.

3.2.3. Pt–Fe alloy and experimental fO2

Measurement of the Fe concentration in pieces of Pt
wire added to two capsules allows us to determine the fO2

of these experiments (Table 2). Following the method of
Medard et al. (2008), we use the exchange of Fe between
Pt metal and coexisting melt to determine fO2 in the system.
As observed by Medard et al. (2008), fO2 is not held con-
stant by the Pt-graphite capsule assemblage, but varies
slightly below the carbon–CO (CCO) buffer. Log fO2 for
the two experiments varied between �6.4 and �5.9
(CCO-0.7 to CCO-0.2, Frost and Wood, 1997). From these
calculations we can estimate the fraction of Fe3+ in the melt
phases of our experiments. Fe3+/RFe in the melts of A842
and A847 were calculated to be 0.04 and 0.05, respectively
(Kress and Carmichael, 1991). If we treat Fe3+ as perfectly
incompatible (an exaggeration), then mineral/melt partition
coefficients for Fe2+ would be 4–6% higher than RFe parti-
tion coefficients. Estimated error of individual Fe mineral/
melt partition coefficients varies between 1% and 11% rela-
tive (mean = 5%). It is likely that differences between DFe2+

and DFe are within the error of our measurements.

4. DISCUSSION

4.1. Derivation of bulk residue/melt exchange coefficients

from mineral/melt D

A key observation of the behavior of FRTE during
melting in the mantle is that mineral/mineral and min-
eral/melt exchange coefficients remain nearly constant over
a range of pressures and temperatures. This has been ob-
served previously in natural phenocryst pairs (Le Roux
et al., 2010) and experimental minerals and melts (Le Roux



Table 6
Average electron microprobe measurements of major elements in experimental clinopyroxene.a

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 19 16 19 10 15 17 19
SiO2 53.9 0.5 52.9 1.4 53.5 0.8 52.8 0.7 52.8 0.9 53.4 0.8 53.5 0.7
TiO2 0.30 0.04 0.38 0.14 0.34 0.09 0.33 0.06 0.42 0.09 0.39 0.07 0.32 0.07
Al2O3 6.2 0.6 8 2 7.2 1.3 6.9 1.0 7.9 1.4 7.9 1.1 6.7 1.0
Cr2O3 0.34 0.04 0.27 0.06 0.35 0.07 0.39 0.05 0.35 0.05 0.33 0.05 0.36 0.06
FeO* 4.57 0.14 4.7 0.3 4.12 0.14 4.53 0.16 5.1 0.3 4.00 0.12 4.58 0.12
MnO 0.11 0.03 0.105 0.019 0.104 0.018 0.09 0.03 0.108 0.017 0.11 0.02 0.102 0.017
MgO 24.1 1.0 22 3 23.5 1.5 22.8 1.4 22.2 1.7 22.4 1.2 23.4 1.3
CaO 9.6 0.8 11 2 10.1 0.8 10.4 1.1 10.6 1.2 11.3 0.7 10.2 0.9
Na2O 0.91 0.09 1.2 0.3 1.06 0.15 1.01 0.09 1.14 0.17 1.09 0.10 1.02 0.13
K2O 0.005 0.008 0.005 0.013 0.002 0.010 0.007 0.014 0.012 0.014 0.010 0.011 0.015 0.015
Total 100.0 99.9 100.3 99.3 100.6 100.9 100.1

A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d. A847 s.d.

n 18 7 36 19 9 6
SiO2 51.6 0.6 52.3 0.4 52.9 0.4 53.2 0.3 52.6 0.3 53.3 0.3
TiO2 0.44 0.08 0.41 0.05 0.33 0.04 0.38 0.06 0.36 0.03 0.44 0.03
Al2O3 10.1 1.1 9.4 0.7 7.9 0.5 7.3 0.4 8.7 0.3 7.5 0.4
Cr2O3 0.37 0.11 0.47 0.04 0.60 0.07 0.36 0.04 0.55 0.05 0.20 0.03
FeO* 3.9 0.2 4.35 0.13 4.35 0.10 4.67 0.18 4.82 0.17 4.8 0.3
MnO 0.120 0.019 0.13 0.04 0.12 0.02 0.12 0.03 0.106 0.018 0.097 0.011
MgO 21.0 0.9 21.7 0.6 22.8 0.5 21.5 0.9 21.8 0.6 20.7 0.6
CaO 11.5 0.4 10.9 0.5 10.7 0.4 11.7 0.9 10.8 0.7 12.0 0.8
Na2O 1.17 0.11 1.07 0.05 0.95 0.07 1.19 0.10 1.07 0.06 1.34 0.04
K2O 0.020 0.014 0.011 0.011 0.002 0.011 0.006 0.015 0.012 0.012 0.006 0.012
Total 100.2 100.8 100.6 100.4 100.8 100.4

a cpx Compositions within each charge are variable, leading to the high standard deviations. This variability is discussed in Section 3.2.1.

Table 7
Electron microprobe measurements of major elements in experimental garnet and spinel.

A784 s.d. A806 s.d. A825 s.d. A834 s.d. A847 s.d.

n 15 14 15 13 17
Phase grt spl grt grt grt
SiO2 41.31 0.15 0.384 0.016 42.29 0.09 42.04 0.17 42.0 0.5
TiO2 0.92 0.13 0.33 0.03 0.82 0.05 0.73 0.08 0.79 0.10
Al2O3 23.7 0.2 66.27 0.16 23.94 0.14 23.86 0.18 24.0 0.4
Cr2O3 0.30 0.04 1.31 0.08 0.42 0.03 0.57 0.04 0.45 0.06
FeO* 5.96 0.12 8.03 0.11 5.67 0.08 6.72 0.13 6.87 0.13
MnO 0.17 0.02 0.062 0.013 0.180 0.018 0.17 0.02 0.172 0.016
MgO 20.66 0.18 22.92 0.15 21.52 0.11 20.7 0.4 20.4 0.3
CaO 5.6 0.3 0.027 0.015 5.33 0.12 5.6 0.4 5.6 0.4
Na2O 0.03 0.02 0.011 0.013 0.024 0.016 0.03 0.02 0.04 0.02
K2O 0.004 0.013 0.002 0.012 0.003 0.011 0.006 0.013 0.004 0.010
Total 98.7 99.35 100.20 100.4 100.4
DTi 0.26 0.04 0.099 0.010 0.274 0.017 0.25 0.03 0.24 0.03
DCr 10 6 40 39 11 7 11.2 1.0 22 5
DMn 1.3 0.4 0.40 0.11 1.4 0.2 1.17 0.17 1.20 0.12
DFe 0.712 0.017 0.905 0.015 0.703 0.013 0.664 0.014 0.630 0.016
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et al., 2011). We will demonstrate in the following section
that differences in mineral composition can have a signifi-
cant effect on mineral/melt partition coefficients but not
mineral/melt exchange coefficients for the divalent FRTE.

The exchange coefficient between two phases, a and b, is
given as:

Ki�j
D ¼ ½X a

i X b
j �=½X a

j X b
i � ð1Þ

where X is the molar proportion of element i or j in phase a

or b. The exchange coefficient can also be calculated as the
ratio of two partition coefficients (Ki�j
D ¼ Da=b

i =Da=b
j ), and

can be displayed graphically by plotting measurements of
the two partition coefficients against each other. If the data
fall on a line that passes through the origin, then Ki�j

D is gi-
ven by the slope of that line.

It is important to note that although mineral/melt ex-
change of divalent FRTE can be considered constant
(e.g., Le Roux et al., 2010, 2011), bulk residue/melt ex-
change coefficients cannot. Bulk residue/melt KD for two
elements i and j can be calculated from:
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Ki�j
D ¼

�Di

�Di
¼
P

AW ADA=liq
i

P
AW ADA=liq

j

ð2Þ

where �Di and �Dj are the bulk residue/melt partition coeffi-
cients for elements i and j, WA is the weight proportion
of each mineral A in the residue, and DA=liq

i and DA=liq
j are

mineral/melt partition coefficients for i and j for each resid-
ual mineral A. Because bulk KD depends only on individual
mineral/melt D and mineral mode, a mineral with a large D

has significant leverage over bulk exchange even if it is a
small part of the residual mode. For example, average
Dgrt=melt

Mn ¼ 4:64 and Dgrt=melt
Fe ¼ 2:51 during eclogite partial

melting (Pertermann et al., 2004) are nearly four times
greater than partition coefficients measured in this study
(Dgrt=melt

Mn ¼ 1:24 and Dgrt=melt
Fe ¼ 0:65). Use of these eclogitic

garnet partition coefficients led Le Roux et al. (2011) to
overestimate bulk garnet peridotite KMn�Fe

D at 1.21 ± 0.04,
whereas we calculate KMn�Fe

D ¼ 1:03� 0:02 from the same
residual mode (Walter, 1998) but using our mineral/melt
partition coefficients. Despite near-constant values of diva-
lent FRTE mineral/melt KD, compositionally-appropriate
values of mineral/melt partition coefficients must be used
to calculate bulk KD in partial melting models.

The constancy of some mineral/melt exchange coeffi-
cients over wide ranges of pressure, temperature, and com-
position can be used to estimate partition coefficients under
conditions that have not been explored experimentally. For
example, given knowledge of a particular mineral/melt DFe,
mineral/melt partition coefficients for the other divalent
FRTE can be deduced.

4.2. Comparison to previous measurements of FRTE

partitioning

Fe and Mn: Fe and Mn are routinely measured in partial
melting experiments, providing a collection of measure-
ments made over a large range of pressures, temperatures,
and compositions for comparison. Dmin=melt

Mn is inversely cor-
related with temperature for all peridotite minerals (Fig. 4).
As noted by Balta et al. (2011), the temperature dependence
of Dmin=melt

Mn for peridotite minerals is less pronounced than
for eclogite minerals; this is particularly evident in garnet
(Fig. 4). Fig. 5 shows that Dmin=melt

Mn is strongly correlated
with mineral Mg#. For cpx and garnet this correlation is
approximately linear, suggesting that composition, not tem-
perature, is the dominant control on Mn partitioning.

As described in Section 4.1, DFe and DMn compiled from
several peridotite and eclogite partial melting studies
(Fig. 6) demonstrate that KMn�Fe

D between mantle minerals
and melt is insensitive to temperature (1201–1950 �C), pres-
sure (100 kPa–7 GPa), and composition (Mg#: 0.80–0.95).
KMn�Fe

D is <1 in olivine and >1 in cpx, opx, and garnet. This
means that olivine in a melting residue tends to drive the
coexisting melt to lower Fe/Mn while the other residual
minerals in a garnet peridotite tend to drive the melt com-
position to higher Fe/Mn (Humayun et al., 2004; Le Roux
et al., 2011).

Bulk KMn�Fe
D for garnet peridotite near its solidus is �1;

using our average partition coefficients (Table 13), near-sol-
idus partial melting of garnet peridotite KLB-1ox (Davis
et al., 2011) at 3 GPa has a bulk KMn�Fe
D ¼ 0:96� 0:02. This

means that near-solidus melts of garnet peridotite will in-
herit Fe/Mn approximately equal to that of their source,
and this will be the maximum Fe/Mn that can be achieved
by melts derived from that source. �DMn and bulk KMn�Fe

D de-
crease with increasing melt fraction and decreasing propor-
tion of garnet and cpx in the residue, leading to a decrease
in Fe/Mn of higher degree melts.

In Section 4.1, we demonstrated that the use of compo-
sitionally inappropriate Dgrt=melt

Mn and Dgrt=melt
Fe leads to an

overestimation of bulk peridotite KMn�Fe
D . Using eclogitic

garnet partition coefficients, Le Roux et al. (2011) calcu-
lated a near-solidus partial melt of peridotite with Fe/
Mn = 72.4 derived from a source with Fe/Mn = 59.9
(PUM, McDonough and Sun, 1995). This is much higher
than can actually be achieved using peridotite mineral/melt
partition coefficients from this study, which give a near-sol-
idus melt with Fe/Mn = 61.7 using the same residual mode
and source composition (KMn�Fe

D ¼ 1:03� 0:02Þ.
Zn: Like Mn/Fe ratios, Zn/Fe may be minimally frac-

tionated during peridotite partial melting, so Zn/Fe ratios
in basalt different from ratios found in peridotite may indi-
cate recycled crust in the OIB source region (Le Roux et al.,
2010, 2011). Experimental measurements of DZn remain
sparse, but our measurements combined with those of Per-
termann et al. (2004) and Le Roux et al. (2011) show that
there is a nearly linear increase in DZn with decreasing
Mg#. In detail, our measured values of DZn for cpx and
garnet are less than those found by Pertermann et al.
(2004), and for all peridotite phases, the new 3 GPa data
are less than those found at 1.5 GPa from more Fe-enriched
experiments (Le Roux et al., 2011); however, the 3 GPa
measurements of Dol=melt

Zn are similar to those measured at
2 GPa by Le Roux et al. (2011) at similar Mg#.

Fig. 6 shows that KZn�Fe
D for each mineral–melt pair is

constant over the experimental conditions explored,
although there is considerably more scatter for olivine than
for other minerals. KZn�Fe

D is less than unity for all phases,
which means that partial melts of garnet peridotite will
have higher Zn/Fe than their source. We calculate bulk
KZn�Fe

D ¼ 0:84 and (Zn/Fe) � 104 = 10.4 for a near-solidus
melt of KLB-1ox at 3 GPa. Le Roux et al. (2011) also
found KZn�Fe

D < 1 for all mineral–melt pairs, but predicted
a lower bulk peridotite KZn�Fe

D ¼ 0:73 and higher melt
(Zn/Fe) � 104 = 11.3 owing to their use of eclogitic garnet
and cpx partition coefficients. It is notable that Dspl=melt

Zn

(5.2 ± 0.5) is significantly greater than any of the other peri-
dotite mineral/melt partition coefficients, and a peridotite
with small amounts of spinel will have a larger KZn�Fe

D

(e.g., KZn�Fe
D ¼ 0:99 for near solidus melting of a spinel peri-

dotite with the mineral mode of KLB-1, Davis et al., 2009).
Co: Co/Fe is another potential tracer of basalt source

lithology (Le Roux et al., 2011). Like the exchange behavior
of other divalent FRTE, KCo�Fe

D is constant over the pres-
sure (1.5–3 GPa) and temperature (1300–1470 �C) interval
where data are available (Fig. 6). For all phases DCo > DFe,
so melt Co/Fe will always be less than Co/Fe in the source
lithology. Our measurement of Dol=melt

Co agrees well with
those from the 2 GPa experiments of Le Roux et al.
(2011), and our more magnesian cpx and garnet have smal-



Table 8
LA-ICP-MS measurements of major and trace elements in experimental melt.

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 438 276 13 483 524 198 6
SiO2 45.6 1.2 40.5 1.4 44.1 1.2 41.6 1.1 43.2 1.1 42.9 0.6 47.0 0.8
TiO2 3.09 0.12 3.72 0.17 3.77 0.06 3.52 0.16 3.78 0.15 3.49 0.10 2.73 0.06
Al2O3 12.9 0.5 14.2 0.5 11.8 0.6 13.6 0.5 13.9 0.4 13.3 0.3 12.00 0.18
FeO* 8.7 0.6 10.2 0.6 8.2 0.3 9.0 0.4 9.5 0.4 7.9 0.2 8.93 0.07
MnO 0.149 0.011 0.170 0.010 0.153 0.006 0.157 0.007 0.154 0.006 0.156 0.004 0.149 0.002
MgO 15.5 0.6 15.9 0.8 15.9 0.3 16.1 0.7 14.3 0.6 15.8 0.5 14.9 0.3
CaO 10.3 0.4 10.2 0.4 10.6 0.4 10.9 0.4 9.8 0.4 11.3 0.3 8.92 0.18
Na2O 2.6 0.3 3.3 0.5 3.6 0.3 3.51 0.18 3.5 0.2 3.50 0.10 3.80 0.07
K2O 1.20 0.13 1.66 0.12 1.80 0.09 1.62 0.09 1.77 0.10 1.59 0.05 1.60 0.02
P2O5 0.017 0.002 0.021 0.003 0.021 0.002 0.017 0.004 0.021 0.004 0.020 0.003 0.010 0.008
Total 100 100 100 100 100 100 100

Sc 84 3 91 4 57 2 93 5 92 4 96 4 71.8 1.5
V 57 3 58 4 47 2 61 3 52 4 56 2 53.9 0.7
Cr 460 30 350 60 200 18 420 30 350 70 320 60 462 6
Co 49 12 45 2 36.6 1.4 40 2 32 3 29 2 27.8 0.6
Zn 130 40 150 20 111 12 121 8 139 11 116 10 123 3
Ga 81 5 103 5 93 3 111 7 116 7 96 4 106 2
Ge 62 3 74 4 47.9 1.5 75 4 73 5 62 4 79.0 1.7

A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d. A847 s.d.

n 714 6 816 650 778 183
SiO2 42.5 1.2 48.2 0.3 43.3 1.0 43.4 1.0 43.7 1.4 43.1 1.6
TiO2 3.9 0.2 3.07 0.04 3.04 0.12 3.52 0.12 2.85 0.12 3.76 0.18
Al2O3 13.9 0.5 12.38 0.14 14.1 0.4 12.7 0.6 15.0 0.5 12.4 0.6
FeO* 8.2 0.4 7.10 0.05 7.6 0.3 9.5 0.4 9.3 0.5 10.1 0.6
MnO 0.160 0.009 0.144 0.001 0.160 0.007 0.162 0.012 0.158 0.012 0.16 0.02
MgO 15.0 0.6 13.99 0.11 16.6 0.7 15.8 0.7 15.4 0.8 14.6 0.9
CaO 10.5 0.5 9.08 0.09 10.8 0.4 10.0 0.3 9.6 0.4 9.9 0.4
Na2O 3.8 0.2 4.18 0.03 3.0 0.3 3.0 0.4 2.8 0.3 3.7 0.5
K2O 2.0 0.2 1.804 0.015 1.36 0.13 1.72 0.17 1.3 0.2 2.2 0.3
P2O5 0.018 0.004 0.023 0.003 0.016 0.005 0.018 0.016 0.018 0.008 0.037 0.013
Total 100 100 100 100 100 100

Sc 85 5 44.0 0.8 87 4 48 3 90 5 35 3
V 47 3 42.7 0.4 58 3 54 4 55 4 46 5
Cr 190 40 279 5 840 90 540 150 900 100 260 60
Co 27 5 31.5 0.4 32 2 37 2 31 3 43 3
Zn 123 11 119.4 1.5 135 12 159 17 151 16 210 30
Ga 90 7 94.3 0.8 85 5 116 6 104 7 128 14
Ge 60 5 58.1 1.5 57 4 69 4 72 5 62 5
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ler DCo than those presented in Pertermann et al. (2004) and
Le Roux et al. (2011). Bulk KCo�Fe

D is 2.15 ± 0.07 for a near-
solidus melt of garnet peridotite (KLB-1ox) at 3 GPa.

Ga and Sc: The trivalent cations Ga and Sc might be ex-
pected to behave similarly during partial melting of perido-
tite as they have similar compatibilities in olivine and
pyroxenes (Fig. 3); however, DGa is strongly stabilized by
Al2O3 in pyroxenes, whereas the correlation between DSc

and Al2O3 is less clear (Figs. 7–9). The different behavior
of these elements is likely related to the larger cation radius
of Sc3+ (0.745 Å in octahedral coordination, Shannon,
1976) compared to Ga3+ (0.62 Å), which is closer in size
to Al3+ (0.535 Å). DGa and DAl for olivine, opx, and cpx de-
pend upon each other linearly (Fig. 7–9) giving constant
values of KGa�Al

D . This suggests that Dcpx
Ga can be estimated

in systems where Ga partitioning is less well-constrained
(i.e., eclogite partial melting) given knowledge of Dcpx

Ga .
Unfortunately, a similar relation for KSc�Al
D is not evident

in any of the peridotite minerals.
The distinct partitioning behavior of Sc and Ga in garnet

and spinel may also be related to differences in ionic radii. Sc
is highly compatible in garnet (Fig. 3), and Ga is moderately
incompatible. This may be because Sc3+ has an 8-fold coor-
dinated ionic radius near optimum for the garnet X-site (van
Westrenen et al., 1999), while Ga3+ goes into the Y-site where
it is larger than the primary occupant, Al3+. In spinel, Ga is
highly compatible and Sc is mildly incompatible. Ga3+ is
intermediate in size between Mg2+ and Al3+ and likely re-
sides in both octahedral and tetrahedral sites. In contrast,
Sc3+ is large compared to the octahedral site of spinel. Be-
cause garnet fractionates Ga and Sc efficiently, melts formed
in the presence of residual garnet are expected to have ele-
vated Ga/Sc compared with their source. Residual spinel
would be expected to lower Ga/Sc ratios of coexisting melts.



Table 9
LA-ICP-MS measurements of major and trace elements in experimental olivine.

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d.

n 2 3 2 3 5 305
SiO2 (wt.%) 41.9 0.2 40.24 0.10 42.2 0.4 39.37 0.15 40.7 0.4 41.6 0.6
TiO2 0.0172 0.0011 0.026 0.012 0.032 0.005 0.021 0.004 0.031 0.007 0.0140 0.0013
Al2O3 0.18 0.05 0.21 0.06 0.186 0.014 0.158 0.016 0.22 0.03 0.122 0.004
FeO* 8.17 0.07 9.8 0.4 8.6 0.2 9.231 0.006 9.9 0.3 5.70 0.16
MnO 0.1095 0.0010 0.121 0.003 0.120 0.004 0.1208 0.0007 0.1242 0.0008 0.085 0.002
MgO 49.3 0.2 48.8 0.3 48.5 0.6 50.82 0.09 48.4 0.3 52.3 0.6
CaO 0.25 0.03 0.27 0.06 0.264 0.016 0.254 0.014 0.25 0.04 0.217 0.009
Na2O 0.035 0.005 0.480 0.016 0.069 0.006 0.01 0.05 0.26 0.14 nd
K2O 0.002 0.002 nd 0.014 0.008 0.005 0.003 0.004 0.005 nd
P2O5 0.0080 0.0010 0.0055 0.0003 0.0053 0.0006 0.0053 0.0008 0.008 0.002 0.006 0.003
Total 100 100 100 100 100 100

KFe�Mg
D 0.29 0.31 0.35 0.32 0.31 0.22

Sc (ppm) 10.8 0.3 11.6 0.7 8.9 0.7 12.2 0.3 11.7 0.7 9.0 0.7
V 9.2 0.6 6.9 0.3 6.6 0.2 7.07 0.07 6.5 0.4 7.8 0.6
Cr 408 6 230 60 230 80 270 20 220 12 510 30
Co 100 20 95.5 0.4 85 3 89 2 85 5 57 3
Zn 103 3 124 5 112 9 115 2 151 10 72 7
Ga 1.77 0.04 2.5 0.3 2.66 0.04 2.45 0.18 3.2 0.2 1.5 0.3
Ge 25.6 1.4 26.9 1.0 22.9 0.5 26.4 1.3 28.4 0.8 23 2

DSc 0.128 0.006 0.127 0.009 0.156 0.013 0.131 0.007 0.127 0.010 0.093 0.009
DTi 0.0056 0.0004 0.007 0.003 0.0084 0.0014 0.0059 0.0012 0.008 0.002 0.0040 0.0004
DV 0.162 0.015 0.120 0.009 0.142 0.007 0.116 0.007 0.124 0.012 0.139 0.012
DCr 0.88 0.05 0.64 0.19 1.1 0.4 0.65 0.07 0.62 0.13 1.6 0.3
DMn 0.73 0.05 0.71 0.05 0.78 0.04 0.77 0.03 0.81 0.03 0.55 0.02
DFe 0.94 0.06 0.96 0.07 1.05 0.04 1.02 0.04 1.05 0.05 0.72 0.03
DCo 2.1 0.7 2.14 0.10 2.32 0.13 2.21 0.13 2.7 0.3 1.98 0.15
DZn 0.8 0.3 0.82 0.12 1.01 0.13 0.94 0.07 1.09 0.11 0.62 0.08
DGa 0.022 0.001 0.024 0.003 0.0287 0.0010 0.022 0.002 0.027 0.002 0.015 0.004
DGe 0.41 0.03 0.36 0.02 0.479 0.018 0.35 0.03 0.39 0.03 0.38 0.04

A799 s.d. A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d.

n 2 19 2 5 4 7
SiO2 39.88 0.06 41.34 0.17 42.9 0.5 40.8 0.3 40.6 0.2 40.2 0.9
TiO2 0.021 0.003 0.017 0.003 0.033 0.012 0.0170 0.0005 0.046 0.013 0.021 0.004
Al2O3 0.165 0.013 0.172 0.017 0.33 0.08 0.159 0.004 0.24 0.04 0.19 0.05
FeO* 9.3 0.4 7.1 0.8 8.13 0.19 8.08 0.10 9.77 0.04 9.72 0.19
MnO 0.122 0.004 0.104 0.009 0.128 0.004 0.1216 0.0007 0.1215 0.0003 0.124 0.002
MgO 50.2 0.4 51.0 0.8 48.0 0.5 50.5 0.2 48.64 0.12 49.4 0.7
CaO 0.234 0.003 0.215 0.007 0.40 0.10 0.228 0.003 0.31 0.03 0.24 0.04
Na2O 0.061 0.013 0.07 0.04 0.093 0.014 0.15 0.03 0.23 0.02 0.08 0.04
K2O nd 0.003 0.005 0.0034 0.0014 0.0009 0.0011 0.017 0.009 nd
P2O5 nd 0.0052 0.0006 nd 0.0041 0.0014 0.0067 0.0007 0.004 0.002
Total 100 100 100 100 100 100

KFe�Mg
D 0.31 0.25 0.33 0.35 0.33 0.33

Sc 11.8 0.3 9.9 0.6 11.9 0.7 10.79 0.13 6.68 0.17 11.6 0.5
V 7.3 0.4 7.7 1.4 7.36 0.09 7.52 0.16 8.1 0.3 8.4 0.3
Cr 370 60 600 170 450 80 440 30 247 16 510 20
Co 67 5 68 4 88 5 79 3 83 2 72 3
Zn 125 6 102 11 116 3 129.9 1.7 159 4 144 5
Ga 2.6 0.3 2.2 0.4 3.0 0.3 2.00 0.07 3.9 0.4 2.4 0.4
Ge 35.9 0.5 26.1 0.8 34.1 0.5 28.0 0.7 22 5 9 8

DSc 0.164 0.006 0.117 0.011 0.271 0.016 0.124 0.005 0.140 0.011 0.129 0.009
DTi 0.0079 0.0010 0.0044 0.0007 0.011 0.004 0.0056 0.0003 0.013 0.004 0.0072 0.0014
DV 0.136 0.007 0.16 0.03 0.172 0.003 0.129 0.008 0.151 0.013 0.152 0.011
DCr 0.80 0.13 3.1 1.1 1.6 0.3 0.53 0.07 0.46 0.13 0.56 0.07
DMn 0.81 0.03 0.65 0.07 0.89 0.03 0.76 0.03 0.75 0.06 0.78 0.06

(continued on next page)
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Table 9 (continued)

A799 s.d. A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d.

DFe 1.04 0.05 0.87 0.10 1.15 0.03 1.06 0.04 1.03 0.05 1.05 0.06
DCo 2.4 0.2 2.5 0.5 2.78 0.16 2.5 0.2 2.22 0.13 2.3 0.3
DZn 1.02 0.06 0.83 0.12 0.98 0.03 0.96 0.09 1.00 0.11 0.95 0.11
DGa 0.024 0.002 0.025 0.005 0.032 0.003 0.0235 0.0017 0.034 0.004 0.023 0.004
DGe 0.455 0.012 0.43 0.04 0.587 0.018 0.49 0.03 0.32 0.07 0.12 0.11

nd = not detected.
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Using our estimates of DGa and DAl, we predict near-sol-
idus partial melting of garnet peridotite with the mineral
mode of KLB-1ox at 3 GPa has a bulk
KGa�Al

D ¼ 0:49� 0:05. A near-solidus melt of such a perido-
tite, assuming Ga and Al contents of PUM (McDonough
and Sun, 1995), will have a (Ga/Al) � 104 = 3.6, similar to
the upper range of Ga/Al ratios found in alkalic OIB (see
Section 4.3 for details of the OIB dataset).

V: Multivalent V may be useful as a probe of fO2 of mag-
ma source regions (e.g., Shervais, 1982; Canil, 1997; Lee
et al., 2005). Because V4+ and V5+ are incompatible in all
mantle minerals, DV decreases at high fO2 causing ratios
in melts such as V/Ti (Shervais, 1982) and V/Sc (Lee
et al., 2005) to increase. The influence of fO2 on V partition-
ing between melts and mantle mineral phases has been stud-
ied over a range of pressures and temperatures (Canil, 1997,
1999; Canil and Fedortchouk, 2000, 2001; Mallmann and
O’Neill, 2009), and Mallmann and O’Neill (2009) devel-
oped a model to predict the compatibility of V in olivine,
opx, cpx, and spinel based on experiments from 100 kPa
to 1 GPa. The effects of pressure and temperature on V par-
titioning appear to be minor compared to the influence of
fO2 (Canil and Fedortchouk, 2000, 2001).

Our measurements of DV in experiments that included
Pt-Fe can be compared with other experimental DV at sim-
ilar fO2. To compare our results to other studies we calcu-
late fO2 of the experiments relative to the quartz-fayalite-
magnetite (QFM) buffer at the pressure and temperature
conditions of the experiment. For experiments at pressures
>100 kPa we determine QFM following the pressure-
dependent calibration of Frost (1991), and we calculate
QFM at 100 kPa following (O’Neill, 1987) to remain con-
sistent with the presentation of the model of Mallmann
and O’Neill (2009). Measurements of Dol

V and Dcpx
V from

our experiments plotted against DQFM are in close agree-
ment with the models of Mallmann and O’Neill (2009)
and other experimental measurements at 100 kPa and
1 GPa (Fig. 10, Canil, 1997; Canil and Fedortchouk,
2000, 2001; Mallmann and O’Neill, 2009). In contrast,
Mallmann and O’Neill (2009) note that their experiments
at 3 GPa display Dcpx

V systematically higher than those pre-
dicted by their model. This may be due to an overestima-
tion of fO2 in these experiments, for which fO2 was
determined from the solubility of Re in melt, calibrated at
100 kPa and 1400 �C (Mallmann and O’Neill, 2007).

Ge: It has been observed that Ga/Ge in OIB is systemat-
ically higher than in MORB (Arevalo and McDonough,
2010b). Ge is not analyzed routinely in natural basalts or
peridotites, and experimental measurements of Ge parti-
tioning are rare. Hill et al. (2000) found that their cpx con-
tained <10 ppm of Ge allowing them to present
measurements of Dcpx

Ge . Adam and Green (2006) included
Ge among the suite of elements used to dope hydrous peri-
dotite partial melting experiments and presented measure-
ments of DGe for olivine, opx, and cpx. Dcpx

Ge displays a
weak inverse correlation with temperature, and notably,
there is no correlation between Dcpx

Ge and SiO2 (Fig. 11).
To our knowledge, the measurement of Dgrt

Ge in this study
is the only published experimental value. Ge is mildly
incompatible in all the phases we have analyzed, except gar-
net (Table 13), and the near-solidus bulk �DGe ¼ 0:66� 0:01
for garnet peridotite with mineral mode of KLB-1ox at
3 GPa.

4.3. Partial melting model and FRTE ratios in OIB

Our average mineral/melt partition coefficients are used
to derive bulk peridotite/melt partition coefficients and
model melt compositions that can be compared to natural
OIB. We present a simple model of peridotite partial melt-
ing that simulates isobaric, modal batch melting of fertile
peridotite at 3 GPa. Of course, actual melting in the mantle
is polybaric, but this simple model is sufficient to explore
the compositional effects of varying the residual mineralogy
of fertile peridotite residues that may contribute to melting
beneath oceanic lithosphere over a range of melt fractions.
Three different starting compositions were considered:
primitive upper mantle (PUM) as estimated by McDon-
ough and Sun (1995) and two fertile peridotite xenoliths,
Ki5-8b (Lee, 2005) and RP87-2 (Zangana et al., 1999, Ta-
ble 14). These two xenoliths are the most fertile composi-
tions from two detailed regional studies of continental
xenoliths, as determined by their Al2O3 contents (Lee,
2005). Each of these compositions falls within the range de-
fined by peridotite xenoliths found in the GEOROC data-
base (http://georoc.mpchmainz.gwdg.de/georoc/, accessed
04/13/2011). Melt fractions and corresponding modes are
tied to peridotite partial melting experiments (Walter,
1998; Davis et al., 2011).

Key FRTE ratios of model partial melts of peridotite are
presented in Figs. 12 and 13. The right side of the panels of
Fig. 12 show a trend of increasing melt fraction for a garnet
lherzolite with the initial mineral mode of KLB-1ox at its
solidus at 3 GPa (Davis et al., 2011). The effects of increas-
ing melt fraction and changing residual mode are not easily
deconvolved, so we have also calculated a near-solidus melt
composition without garnet in the residue (relative propor-
tions of ol, opx, and cpx held constant). This allows us to

http://georoc.mpchmainz.gwdg.de/georoc/


Table 10
LA-ICP-MS measurements of major and trace elements in experimental opx.

A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 10 131 2 174 2
SiO2 (wt.%) 56.6 0.9 52.4 0.8 56.2 0.3 55.4 0.7 56.6 0.2
TiO2 0.2 0.0 0.25 0.03 0.175 0.009 0.195 0.011 0.190 0.008
Al2O3 4.02 0.18 4.7 0.2 3.7 0.5 4.39 0.12 4.83 0.04
FeO* 4.19 0.13 4.8 0.3 4.71 0.17 3.76 0.13 4.75 0.07
MnO 0.092 0.002 0.101 0.004 0.099 0.001 0.088 0.003 0.098 0.002
MgO 32.4 0.7 34.4 0.8 31.90 0.01 33.7 0.7 31.16 0.08
CaO 2.25 0.07 3.09 0.16 2.53 0.05 2.29 0.08 2.07 0.16
Na2O 0.25 0.03 0.29 0.05 0.679 0.004 0.20 0.02 0.3679 0.0004
K2O 0.01 0.01 0.01 0.01 0.02 0.01 nd nd
P2O5 0.008 0.001 0.006 0.003 0.010 0.001 0.006 0.003 nd
Total 100 100 100 100 100

Sc (ppm) 32.6 1.0 41.8 1.7 29 3 36 2 35.2 1.7
V 43.2 0.8 55 3 45 6 46 2 55.0 0.6
Cr 2100 50 2460 160 2200 300 2300 90 2850 60
Co 38.9 0.8 41 2 70 40 27.4 1.8 30.44 0.09
Zn 42 3 51 5 68.1 0.8 43 4 58.6 0.4
Ga 20.7 0.8 27 2 25 2 22.4 1.5 32.19 0.12
Ge 47.3 1.8 59 3 55 2 49 3 68.3 0.2

DSc 0.57 0.03 0.45 0.03 0.31 0.03 0.38 0.03 0.49 0.03
DTi 0.048 0.003 0.070 0.008 0.046 0.003 0.056 0.003 0.070 0.003
DV 0.93 0.04 0.91 0.07 0.86 0.14 0.83 0.05 1.020 0.018
DCr 10.5 1.0 5.8 0.5 6.3 1.6 7.2 1.4 6.18 0.15
DMn 0.60 0.03 0.64 0.04 0.65 0.03 0.57 0.02 0.659 0.014
DFe 0.51 0.02 0.53 0.04 0.50 0.03 0.48 0.02 0.531 0.009
DCo 1.06 0.05 1.03 0.08 2.2 1.2 0.95 0.08 1.10 0.02
DZn 0.38 0.05 0.42 0.05 0.49 0.04 0.37 0.05 0.476 0.011
DGa 0.223 0.011 0.24 0.02 0.22 0.02 0.234 0.019 0.304 0.006
DGe 0.99 0.05 0.78 0.06 0.76 0.06 0.80 0.07 0.865 0.019

A806 s.d. A825 s.d. A830 s.d. A842 s.d.

n 19 2 288 43
SiO2 54.2 1.6 57.5 0.8 52.8 0.7 50.3 0.7
TiO2 0.21 0.02 0.189 0.018 0.249 0.017 0.294 0.012
Al2O3 6.1 0.4 5.4 0.3 6.0 0.4 9.3 0.2
FeO* 3.9 0.3 4.49 0.17 4.83 0.13 5.73 0.14
MnO 0.092 0.006 0.0982 0.0007 0.106 0.004 0.114 0.003
MgO 33.0 1.4 30.1 1.1 33.0 0.6 31.5 0.7
CaO 2.21 0.11 1.91 0.01 2.64 0.13 2.40 0.06
Na2O 0.24 0.02 0.34 0.04 0.27 0.03 0.31 0.03
K2O nd 0.00 0.01 0.006 0.004 0.002 0.002
P2O5 0.002 0.002 nd 0.006 0.004 0.008 0.005
Total 100 100 100 100

Sc 35 3 33.1 1.0 42 3 55 2
V 55 4 55 2 70 3 75 3
Cr 3800 300 3970 100 4100 200 3640 110
Co 30 3 48 3 47 3 33 2
Zn 47 6 52 3 70 6 88 8
Ga 28 3 28 2 31 2 51 4
Ge 49 4 59 3 54 3 63 4

DSc 0.41 0.04 0.75 0.03 0.48 0.04 0.61 0.04
DTi 0.054 0.007 0.062 0.006 0.082 0.006 0.103 0.006
DV 1.17 0.11 1.29 0.06 1.19 0.09 1.35 0.10
DCr 20 4 14.2 0.4 4.9 0.6 4.1 0.4
DMn 0.58 0.05 0.682 0.007 0.66 0.04 0.73 0.06
DFe 0.48 0.05 0.63 0.02 0.64 0.03 0.62 0.03
DCo 1.1 0.2 1.54 0.10 1.48 0.15 1.07 0.14
DZn 0.38 0.06 0.43 0.03 0.51 0.07 0.59 0.08
DGa 0.32 0.04 0.294 0.018 0.36 0.04 0.49 0.05
DGe 0.81 0.10 1.01 0.06 0.95 0.08 0.88 0.08
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Table 11
LA-ICP-MS measurements of major and trace elements in experimental cpx.

A779 s.d. A781 s.d. A784 s.d. A786 s.d. A788 s.d. A791 s.d. A799 s.d.

n 371 629 647 178 511 210 89
SiO2 (wt.%) 54.33 0.07 51.10 0.04 55.02 0.15 50.55 0.05 52.71 0.06 52.64 0.09 55.2 0.9
TiO2 0.3646 0.0014 0.415 0.001 0.354 0.008 0.380 0.002 0.429 0.009 0.433 0.003 0.37 0.03
Al2O3 6.21 6.83 5.66 6.52 6.66 6.39 6.8 0.5
FeO* 4.259 0.014 4.460 0.010 3.81 0.03 4.270 0.020 4.710 0.020 3.90 0.02 4.1 0.2
MnO 0.1157 0.0004 0.1166 0.0002 0.116 0.001 0.1194 0.0005 0.1208 0.0004 0.117 0.000 0.111 0.005
MgO 22.39 0.08 24.83 0.04 23.88 0.12 25.14 0.06 22.59 0.06 24.03 0.08 21.8 1.0
CaO 11.27 0.04 11.06 0.02 10.17 0.05 11.94 0.04 11.55 0.04 11.29 0.03 10.4 0.8
Na2O 1.043 0.006 1.161 0.003 0.97 0.02 1.073 0.007 1.214 0.006 1.16 0.01 1.24 0.09
K2O 0.0077 0.0004 0.023 0.001 0.031 0.004 0.0020 0.0005 0.011 0.006 0.044 0.001 0.005 0.003
P2O5 0.0070 0.0001 0.0068 0.0001 0.0062 0.0002 0.0063 0.0006 0.0046 0.0003 0.015 0.006 0.01 0.01
Total 100 100 100 100 100 100 100

Sc (ppm) 61.2 0.2 60.4 0.1 56.8 0.3 70.7 0.4 69.0 0.2 65.6 0.2 61 4
V 76.4 0.2 76.6 0.2 64.9 0.4 82.2 0.4 78.6 0.4 70.9 0.3 75 5
Cr 2132 16 2212 7 2360 20 2740 20 2152 11 2361 14 2370 170
Co 27.88 0.16 33.3 0.1 26.3 0.6 31.0 0.2 31.6 0.2 21.3 0.1 21 1
Zn 35.3 0.3 41.7 0.2 31.6 1.0 42.0 0.6 46.3 0.5 42.7 0.8 44 4
Ga 28.38 0.13 32.4 0.1 25.9 0.3 35.1 0.3 39.1 0.3 31.4 0.4 36 4
Ge 52.3 0.2 61.3 0.2 46.6 0.4 65.9 0.5 63.4 0.3 60.0 0.6 66 5

DSc 0.73 0.03 0.66 0.03 1.00 0.04 0.76 0.04 0.75 0.03 0.68 0.03 0.85 0.06
DTi 0.118 0.004 0.111 0.005 0.094 0.003 0.108 0.005 0.113 0.005 0.124 0.004 0.136 0.012
DV 1.35 0.08 1.33 0.08 1.39 0.06 1.35 0.07 1.51 0.10 1.27 0.06 1.39 0.09
DCr 4.6 0.3 6.3 1.1 11.8 1.1 6.5 0.4 6.1 1.3 7.3 1.4 5.1 0.4
DMn 0.78 0.06 0.69 0.04 0.76 0.03 0.76 0.03 0.79 0.03 0.75 0.02 0.75 0.03
DFe 0.49 0.03 0.44 0.03 0.465 0.015 0.47 0.02 0.50 0.02 0.493 0.013 0.46 0.02
DCo 0.57 0.14 0.74 0.04 0.72 0.03 0.77 0.04 0.99 0.08 0.74 0.04 0.76 0.05
DZn 0.27 0.09 0.27 0.04 0.29 0.03 0.35 0.02 0.33 0.03 0.37 0.03 0.36 0.03
DGa 0.35 0.02 0.315 0.017 0.280 0.009 0.32 0.02 0.34 0.02 0.329 0.016 0.34 0.03
DGe 0.84 0.04 0.82 0.04 0.97 0.03 0.87 0.05 0.87 0.06 0.97 0.06 0.84 0.07

A806 s.d. A825 s.d. A830 s.d. A834 s.d. A842 s.d. A847 s.d.

n 291 6 127 6 80 6
SiO2 53.60 0.20 55.1 0.5 51.0 1.3 51.8 0.7 48.8 1.0 52.6 0.4
TiO2 0.353 0.010 0.44 0.07 0.44 0.03 0.49 0.14 0.48 0.05 0.48 0.13
Al2O3 6.63 8.0 0.4 7.3 0.4 7.1 1.1 8.7 0.5 6.89 0.19
FeO* 3.58 0.05 4.00 0.11 4.3 0.2 4.7 0.2 4.7 0.2 4.6 0.3
MnO 0.114 0.001 0.125 0.004 0.126 0.006 0.124 0.005 0.130 0.006 0.121 0.004
MgO 23.87 0.18 21.4 0.5 23.9 1.0 22.0 1.1 23.7 1.1 21.9 1.0
CaO 10.59 0.10 9.5 0.4 11.7 0.5 12.0 0.8 12.2 0.4 11.8 1.0
Na2O 1.19 0.02 1.44 0.13 1.20 0.13 1.69 0.17 1.3 0.2 1.6 0.2
K2O 0.029 0.007 0.03 0.04 0.04 0.04 0.06 0.09 0.04 0.02 0.04 0.05
P2O5 0.0041 0.0006 nd 0.005 0.003 0.007 0.002 0.005 0.003 0.009 0.004
Total 100 100 100 100 100 100

Sc 51.7 0.7 55.2 1.5 63 4 49 14 71 3 37 6
V 70.8 0.8 71 3 88 6 84 5 99 7 72 6
Cr 3220 80 3200 600 4000 400 2500 500 4000 200 1900 900
Co 36 3 30 3 32 3 33 3 28 5 35 2
Zn 38.0 1.0 43 3 57 7 56 5 56 9 59 6
Ga 33.6 0.6 38 3 36 4 46 6 42 4 48 7
Ge 51.9 0.7 63 3 58 4 52 7 41 10 51 7

DSc 0.61 0.04 1.26 0.04 0.72 0.05 1.0 0.3 0.79 0.05 1.1 0.2
DTi 0.090 0.005 0.14 0.02 0.145 0.013 0.14 0.04 0.167 0.017 0.13 0.04
DV 1.51 0.10 1.67 0.08 1.51 0.13 1.56 0.15 1.80 0.17 1.6 0.2
DCr 17 3 12 2 4.8 0.6 4.6 1.6 4.4 0.5 7 4
DMn 0.71 0.04 0.87 0.03 0.79 0.05 0.77 0.06 0.83 0.08 0.76 0.08
DFe 0.44 0.02 0.563 0.016 0.57 0.04 0.50 0.03 0.51 0.03 0.45 0.04
DCo 1.3 0.3 0.95 0.08 1.03 0.12 0.89 0.09 0.92 0.18 0.80 0.07
DZn 0.31 0.03 0.36 0.02 0.42 0.06 0.35 0.05 0.37 0.07 0.28 0.05
DGa 0.37 0.03 0.40 0.04 0.42 0.05 0.40 0.06 0.40 0.05 0.37 0.07
DGe 0.86 0.08 1.08 0.05 1.01 0.10 0.76 0.12 0.57 0.14 0.82 0.13
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Table 12
LA-ICP-MS measurements of major and trace elements in experimental garnet and spinel.

A784 s.d. A806 s.d. A825 s.d. A834 s.d. A847 s.d.

n 8 3 5 16 20
Phase grt spl grt grt grt
SiO2 (wt.%) 42.2 1.2 0.6 0.2 46.7 0.5 42.6 0.9 42.1 0.7
TiO2 1.03 0.12 0.33 0.03 0.84 0.03 0.87 0.05 0.97 0.05
Al2O3 23.6 1.0 64.8 0.2 21.7 0.2 22.5 0.6 23.1 0.6
FeO* 5.36 0.13 7.8 0.3 5.03 0.05 6.3 0.3 6.0 0.2
MnO 0.187 0.003 0.074 0.001 0.192 0.002 0.20 0.01 0.19 0.01
MgO 21.9 0.5 26.1 0.5 21.02 0.12 21.3 0.3 21.0 0.3
CaO 5.7 0.3 0.03 0.06 4.49 0.07 6.17 0.17 6.7 0.3
Na2O 0.02 0.02 0.34 0.18 0.07 0.05 nd 0.02 0.03
K2O 0.003 0.003 0.02 0.02 0.01 0.01 0.01 0.01 0.001 0.001
P2O5 0.0074 0.0004 0.001 0.002 0.0021 0.0004 0.01 0.01 0.02 0.01
Total 100.00 100.00 100.00 100.00 100.00

Sc (ppm) 340 40 5.0 0.6 230.3 1.5 271 14 249 11
V 83 10 128.9 1.8 67.1 1.2 104 7 96 7
Cr 1950 184 10230 60 2880 50 4400 300 3330 170
Co 25.6 0.7 80 5 22.8 0.3 40 8 36 2
Zn 23 6 640 15 28.9 0.8 37 8 36 8
Ga 37.0 1.5 587.4 9.8 39.7 0.7 45 5 45 3
Ge 80.9 0.9 24.4 0.2 99.7 1.9 90 14 83 4

DSc 5.9 0.7 0.058 0.008 5.24 0.10 5.7 0.5 7.1 0.7
DTi 0.27 0.03 0.084 0.008 0.272 0.012 0.246 0.015 0.26 0.02
DV 1.8 0.2 2.75 0.19 1.57 0.03 1.93 0.19 2.1 0.3
DCr 9.7 1.3 54 11 10.3 0.3 8 2 13 3
DMn 1.22 0.05 0.46 0.03 1.333 0.015 1.22 0.10 1.19 0.13
DFe 0.65 0.03 0.95 0.06 0.708 0.009 0.66 0.04 0.59 0.04
DCo 0.70 0.03 3.0 0.6 0.723 0.014 1.1 0.2 0.82 0.08
DZn 0.21 0.06 5.2 0.5 0.242 0.007 0.23 0.06 0.17 0.04
DGa 0.40 0.02 6.5 0.5 0.421 0.009 0.39 0.05 0.35 0.05
DGe 1.69 0.06 0.40 0.04 1.72 0.06 1.3 0.2 1.33 0.12

Table 13
Average mineral/melt partition coefficients for FRTE measured by LA-ICP-MS.

ol/melt s.d. opx/melt s.d. cpx/melt s.d. grt/melt s.d. spl/melt s.d.

DSc 0.150 0.003 0.495 0.011 0.84 0.04 5.98 0.11 0.058 0.008
DTi 0.0080 0.0007 0.0656 0.0018 0.124 0.006 0.262 0.004 0.084 0.008
DV 0.140 0.003 1.06 0.03 1.48 0.04 1.84 0.04 2.75 0.19
DCr 0.79 0.06 8.8 0.5 7.5 0.6 10.2 0.4 54 11
DMn 0.781 0.014 0.640 0.012 0.768 0.018 1.241 0.017 0.46 0.03
DFe 1.034 0.016 0.546 0.010 0.488 0.010 0.654 0.007 0.95 0.06
DCo 2.37 0.09 1.29 0.14 0.86 0.04 0.83 0.02 3.0 0.6
DZn 0.96 0.04 0.451 0.017 0.333 0.017 0.213 0.009 5.2 0.5
DGa 0.0260 0.0009 0.299 0.010 0.357 0.013 0.390 0.007 6.5 0.5
DGe 0.427a 0.010 0.87 0.02 0.87 0.03 1.51 0.03 0.40 0.04

a Experiment A842 was not included in the calculation of average Dol
ge despite its equilibrium KFe�Mg

D because its s.d. � value of the
measurement.

248 F.A. Davis et al. / Geochimica et Cosmochimica Acta 104 (2013) 232–260
demonstrate the influence of garnet over these ratios. We
also calculate a near-solidus melt of spinel peridotite
KLB-1 (Davis et al., 2009).

Additionally, we present a model of eclogite partial
melting. This model also simulates modal batch melting
at 3 GPa. FRTE partition coefficients for this model are
from Pertermann et al. (2004) where available. For elements
not measured in that study, eclogite-relevant partition coef-
ficients are estimated taking into consideration composi-
tional and temperature trends (see Appendix for model
details and calculated compositions). Melt fractions and
residual modes come from the 3 GPa partial melting exper-
iments of Pertermann and Hirschmann (2003). Two source
compositions are considered: average MORB (Arevalo and
McDonough, 2010a) and altered oceanic crust (AOC) from
the ODP site 801 “supersection” of Kelley et al. (2003). It is
not clear how similar either of these compositions is to recy-
cled lithologies present in the upper mantle. Considering



Fig. 2. Compositional zoning of cpx. (a) Al2O3 in A781 measured by LA-ICP-MS, scanning the laser along a linear path from crystal core to
rim showing the increase in Al2O3 in the last 100 lm of the crystal rim. (b) False-color image showing a WDS map of Al2O3 concentration in
the region of the laser track. The elevated Al2O3 concentration of the cpx rim is visible. (c and d) LA-ICP-MS measurements of Co and Ge
along the laser track against Dcpx=melt

Al , which is simply the Al2O3 concentration measured in the cpx normalized to the Al2O3 content of the
melt. The black square is the result of a linear regression to the value of Dcpx=melt

Al obtained by Davis et al. (2011) for near-solidus partial melting
of garnet lherzolite at 3 GPa.
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the extensive alteration possible owing to �200 Ma of sea-
floor metamorphism, AOC seems like a more appropriate
estimate than average MORB. Of course, neither takes into
account compositional changes that may occur during sub-
duction (Becker et al., 2000).

The models are compared to measurements of primitive
OIB. OIB compositions were selected from those available
in the GEOROC database (http://georoc.mpch-
mainz.gwdg.de/georoc/, accessed 04/13/2011) by searching
for data from island groups associated with small, predom-
inantly alkaline hotspots. Island groups included were the
Azores, the Canary Islands, the Cook and Austral Islands,
the Marquesas, Pitcairn-Gambier, Samoa, the Society Is-
lands, and St. Helena. In an effort to reduce the number

http://georoc.mpchmainz.gwdg.de/georoc/
http://georoc.mpchmainz.gwdg.de/georoc/
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of lavas with complex fractionation histories, lavas from
these localities were included only if they had MgO
>10 wt.% and less than <20 wt.%.

The focus of this discussion will be on a representative
dataset of global OIB; however, there are flaws inherent
in working with large database compilations. Some of the
compositions we have accessed may have been modified
by weathering and this may have affected FRTE abun-
dances and ratios, including Fe/Mn (Huang et al., 2007).
We are not aware of published detailed studies of how
post-magmatic alteration affects the concentrations and ra-
tios of FRTE in basaltic rocks, although Aiuppa et al.
(2000) found that Fe was slightly less mobile than the other
transition metals in groundwater that had leached Mt. Etna
basalts. Geochemical indicators of alteration that may al-
low filtering of altered samples from the database include
low K2O/P2O5 (Frey et al., 1990), so we exclude those sam-
ples with K2O/P2O5 < 1.3 (Frey et al., 1990; Huang et al.,
2007). While this arbitrary cut-off substantially reduces
the presence of altered OIB in the dataset, it is likely that
some altered compositions remain. A detailed study of
the effects of weathering on FRTE would improve estimates
of the compositions of primitive OIB.

Another potential pitfall in employing large global dat-
abases for comparison to models of OIB genesis is that min-
or elements such as Mn are not always measured or
reported precisely (Ruzicka et al., 2001; Humayun et al.,
2004). To minimize this effect we include only measure-
ments of Fe/Mn that report Mn (or MnO) concentrations
to at least three significant digits. This method is less desir-
able than detailed regional studies using optimized analyti-
cal methods, but does help to refine the global dataset,
reducing the range of OIB Fe/Mn ratios from 40–90 to
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50–75. Because it is common for the same workers to ana-
lyze samples from a particular region, the filtering of low-
precision Mn measurements eliminates some entire island
groups from the Fe/Mn dataset. Lavas from the Canary Is-
lands (n = 28), Cape Verde (115), and Samoa (1) are in-
cluded in plots of Fe/Mn in Fig. 13.
4.3.1. Peridotite as the source of OIB

Among the FRTE ratios we have considered, Fe/Mn
and Co/Fe are the most useful for identifying lava compo-
sitions that are inconsistent with derivation from partial
melts of peridotite. As detailed above, bulk peridotite
KMn�Fe

D is <1, thus Fe/Mn of a partial melt of peridotite
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cannot exceed that of its source. Most of the OIB consid-
ered in this study have Fe/Mn between 55 and 70
(Fig. 13). The three source compositions that we consider
vary in Fe/Mn from 60 to 64. Lower Fe/Mn can be
achieved at increased melt fractions, when residual garnet
and cpx are diminished (Fig. 12), but OIB with Fe/
Mn > 64 are not likely produced solely by partial melting
of peridotite unless the source has an unusually high garnet
mode or has a much higher Fe/Mn than the source compo-
sitions we have considered (Humayun et al., 2004). While
garnet is increased in the mode of peridotites at pressures
>3 GPa, the effect of increased garnet mode on melt Fe/
Mn is likely counteracted by a reduced compatibility of
Fe and Mn at higher pressures and temperatures of melting,
as demonstrated by Humayun et al. (2004) using the exper-
imental data of Walter (1998) and illustrated in Fig. 4.
Co/Fe may be the most effective ratio for discriminating
between basalts that can or cannot be derived from a simple
peridotitic source. Co is more compatible than Fe in all
mantle minerals, so partial melts will have their lowest va-
lue of Co/Fe at low melt fractions. Only about 25% of OIB
in the dataset (Fig. 13) have Co/Fe ratios higher than near-
solidus melts of Ki5-8b (Lee, 2005) (Fig. 12); the rest seem
to require an additional explanation or source.

Le Roux et al. (2010, 2011) argued that Zn/Fe too is an
indicator of non-peridotitic lithologies, but using new data,
we find it has less diagnostic potential than either Fe/Mn or
Co/Fe. KZn�Fe

D between peridotite and melt is always <1,
even at high melt fractions, so partial melts of peridotite
will have a greater Zn/Fe content than their source. The
highest Zn/Fe ratio that we model is for near-solidus
melting of RP87-2 (Zangana et al., 1999) with (Zn/
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Fe) � 104 = 13; this maximum is sufficient to account for
>75% of the Zn/Fe ratios in the OIB dataset (Fig. 13). Le
Roux et al. (2011) found that fewer OIB fell within the
range of Zn/Fe that they predicted for peridotite partial
melting. While their determination of bulk peridotite
KZn�Fe

D is similar to ours, they limited their source composi-
tion to PUM (McDonough and Sun, 1995). We argue that
a range of potential source Zn/Fe ratios should be consid-
ered because source composition is the variable with the
greatest leverage over Zn/Fe in partial melts (Fig. 12).
RP87-2 falls on the high end of peridotite Zn/Fe found in
the GEOROC database, but is not an outlier (see Appen-
dix). Given current constraints on mantle compositional
variability, Zn/Fe would be inconsistent with peridotitic
source lithologies only in those OIB with (Zn/
Fe) � 104 > 13. The generally lower Zn/Fe in MORB as
compared to OIB is consistent with higher average degrees
of partial melting, but may also be related to the presence of
residual spinel. Zn is much more compatible in spinel than
in any of the other peridotite minerals, and Zn/Fe is signif-
icantly lower in near-solidus melts that formed in the pres-
ence of a few percent of residual spinel than those from
garnet peridotite (Fig. 12).

The ratio of Ga to Sc should also be helpful in charac-
terizing source lithologies of oceanic basalts because Ga
and Sc have similar compatibilities in olivine and pyrox-
enes, but are strongly fractionated by melting in the pres-
ence of garnet (Figs. 3 and 12). Primitive OIB vary in
Ga/Sc from 0.4–1.1. The upper end of this range is slightly
exceeded by near-solidus partial melting of garnet perido-
tite, irrespective of the starting composition chosen. The
lower portion of the OIB global array is produced at a melt
fraction of �0.15, where garnet is exhausted from the resi-
due and partial melts of peridotite have Ga/Sc. Thus, the
entire range of OIB Ga/Sc can be accounted for by perido-
tite partial melting. Still, the Ga/Sc ratio places limits on
the proportion of garnet in the source. For example, a
source rock with a high modal abundance of garnet, either
because it melts at high pressure or has been metasomati-
cally enriched, could produce a magma with higher Fe/
Mn and Zn/Fe, consistent with those OIB that fall outside
the range of likely partial melts of peridotite, but such a
source lithology would produce magmas with higher Ga/
Sc than is seen in the global OIB dataset. A possible sce-
nario that could lead to higher Fe/Mn and lower Co/Fe
without affecting Ga/Sc is partial melting under oxidizing
conditions; this possibility is considered in greater detail
below.

Arevalo and McDonough (2010b) suggested that Ga/Ge
may be an indicator of source lithology, based on the obser-
vation that Ga/Ge is higher in OIB than in MORB. We are
unable to include Ga/Ge in Fig. 13 because Ge analyses in
OIB are sparse (only one sample that passed the filter had
been analyzed for Ge). Ga is more incompatible than Ge
in all phases except spinel (Table 13, Fig. 3), and Ga/Ge
is sensitive to melt fraction (Fig. 12). Ga/Ge is not sensitive



Table 14
Starting compositions used in the melting model.

PUMa Ki5–8bb RP87–2c AOCd MORBe

Sc 16.2 15.5 19 37.4 36.8
Ti 1205 856 935 10200 8500
V 82 79.5 95 338 250
Cr 2625 – 3666 114 326
Mn 1045 1015 929 2014 1320
FeO* 8.06 8.11 7.62 12.33 9.36
Co 105 102 101 36.7 56
Zn 55 52.8 65 88.5 80
Ga 4 3.63 4.0 15.6 21
Ge 1.1 – – – 1.6
Mg# 89.3 – 89.8 47.3 59.9
Fe/Mn 59.9 62.08 63.7 47.6 55.1
(Zn/Fe) � 104 8.8 8.38 11.0 9.2 11.0
(Co/Fe) � 104 16.8 16.19 17.1 3.8 7.7
Ga/Sc 0.2 0.23 0.2 0.4 0.6
Ga/Ge 3.6 – – – 13.1
V/Sc 5.1 5.13 5.0 9.0 6.8

a McDonough and Sun (1995).
b Lee (2005).
c Zangana et al. (1999).
d Kelley et al. (2003).
e Arevalo and McDonough (2010a).

254 F.A. Davis et al. / Geochimica et Cosmochimica Acta 104 (2013) 232–260
to the presence or absence of residual garnet (Fig. 12), but is
affected by even small amounts of spinel. Lower Ga/Ge in
MORB compared to OIB is likely owing to the larger aver-
age melt fraction of the former, but may also be a result of
residual spinel in the MORB source.

Fe-enrichment of the source peridotite could lead to
high Fe/Mn in some OIB, perhaps by interaction of core
material with the sources of mantle plumes (Humayun
et al., 2004). Le Roux et al. (2011) argued that incorpora-
tion of core material would also lead to decreased Zn/Fe
and increased Co/Fe in the source peridotite (McDonough,
2003). If OIB sources have been affected by interaction with
core, the consequences for FRTE geochemistry depend on
the details of interaction, which could range from bulk
addition of core (Brandon and Walker, 2005; Sobolev
et al., 2005), to exsolution of an FeO-rich melt (Humayun
et al., 2004), to diffusive exchange (Hayden and Watson,
2007). Adjusting the PUM composition by adding
2.5 wt.% of core material with the composition
from McDonough (2003) leads to a near-solidus melt with
Fe/Mn = 73, (Zn/Fe) � 104 = 8, and (Co/Fe) � 104 = 9.
Neither this combination of ratios nor the compositional
trajectory it implies corresponds to primitive OIB composi-
tions (Fig. 13). Thus, FRTE ratios in OIB are not consis-
tent with models of metal addition to the sources of
mantle plumes, though they do not conclusively exclude
other possible interactions, given the extreme conditions
under which they might occur.

Because the compatibilities of V and Fe are sensitive to
fO2, element ratios that include V or Fe will be sensitive to
differences in source fO2. Estimates of Fe oxidation state in
OIB lavas vary considerably. Observed Fe3+/RFe ranges
from 0.06–0.14 in Hawaii (Rhodes and Vollinger, 2005)
to 0.17–0.25 in the Canary Islands (Gurenko and
Schmincke, 2000). Fe3+/RFe in MORB varies between
0.13–0.17 (Cottrell and Kelley, 2011), so individual OIB
suites may come from either more or less oxidizing source
regions than the MORB-source, although OIB appear on
average to be more oxidized than MORB (Mallmann and
O’Neill, 2007). Our experiments are more reduced than
any of these ranges (QFM-2 to QFM-3 and therefore
Fe3+/RFe = 0.04–0.06, Kress and Carmichael, 1991), so
model melt compositions will tend to underestimate Fe/
Mn and overestimate Zn/Fe and Co/Fe compared to melts
formed under the same redox conditions as primary OIB.
For example, if we recalculate model partial melts of peri-
dotite with the composition of RP87-2 (Zangana et al.,
1999) and assume a source Fe2O3 content of 0.3 wt.% (Ca-
nil et al., 1994) and DFe3+ = 0.1, then the near-solidus melt
will have Fe/Mn = 77.5, (Zn/Fe) � 104 = 10.3, and (Co/
Fe) � 104 = 6.3. These are Fe/Mn and Co/Fe ratios that
cannot be achieved by partial melting of peridotite under
more reducing conditions and suggest that some of the var-
iation in OIB FRTE ratios could be caused by differences in
the fO2 of their source regions. Further study of the parti-
tioning behavior of Fe3+ and fO2 in OIB source regions
are required to better evaluate the role of Fe oxidation state
in influencing these ratios.

Ratios in basalts of V or Fe to other FRTE that do not
exhibit more than one valence state may record the fO2 in
the source region; for example, Ti/V (Shervais, 1982), V/
Sc (Li and Lee, 2004; Lee et al., 2005), and Zn/Fe (Lee
et al., 2010) in basalts and peridotites are potential indica-
tors of fO2 in basalt source regions. Fig. 13 demonstrates
that most primitive OIB have higher V/Sc than any melts
we have modeled, consistent with our expectation that fO2

is greater in OIB source regions than in our experiments.
Lee et al. (2005) note that intraplate basalts show a greater
range of V/Sc than do MORB and suggest this may be re-
lated to more oxidizing conditions, lower melt fractions, or
the presence of garnet in the melting residue. Our model
confirms that V/Sc is highly sensitive to residual garnet,
the presence or absence of which may change V/Sc in the
coexisting melt by a factor of 2 (Fig. 12). Thus, it is likely
that some of the variation of V/Sc in the global OIB dataset
is due to the differences in modal proportion of residual
garnet, rather than variation in source fO2.

When considered individually, many FRTE ratios in
OIB appear to be consistent with derivation from a perido-
tite source, but when several FRTE ratios are considered
simultaneously, few OIB have compositions that resemble
partial melts of peridotite. This is clearly demonstrated in
Fig. 13, which shows, for example, that many OIB have
Zn/Fe ratios similar to partial melts of peridotite but Fe/
Mn ratios too high to have come from a peridotite source.
Few OIB have Co/Fe ratios large enough to be consistent
with partial melting of peridotite, and among those few
many also have greater Fe/Mn or Zn/Fe than partial melts
of peridotite. However, it is possible that partial melts of
peridotite formed under more oxidizing conditions may
resemble primitive OIB more closely in Fe/Mn and Co/
Fe. If fO2 cannot account for all these variations, then it
seems that many OIB have been at least partly derived from
some other melting lithology.



Ki5-8b (Lee, 2005)

Peridotite starting compositions:
PUM (McDonough and Sun, 1995)

RP87-2 (Zangana et al., 1999)

n
M/eF

01*
eF/o

C
4

cS /a
G

spl no grt 0 0.15 0.30
F

01*
eF/nZ

4
a

G
e

G/

F

F

64

62

60

58

56

54

8.4

8.0

7.6

7.2

1.2

0.9

0.6

0.3

spl no grt 0 0.15 0.30
F

init.

init.

14

12

10

8

16

12

8

4

spl no grt 0 0.15 0.30init.

spl no grt 0 0.15 0.30init.

cS/V

7

6

5

4

3

Fig. 12. Results of the peridotite partial melting model. Numbers on the right side of the x-axis indicate melt fractions. Diamonds above the
tick marked “init.” are the ratios of the source peridotite. Circles above the tick labeled “no grt” are model melts at a melt fraction of 0 with
the same relative proportions of olivine, opx, and cpx as the F = 0 partial melts of garnet peridotite, but with garnet absent from the residue.
The triangles above the tick labeled “spl” are model near-solidus melts of a spinel peridotite with the same mineral mode as KLB-1 (Davis
et al., 2009). The initial ratios of Co/Fe are much higher than in model melts and are not depicted but are available in Table 14.

F.A. Davis et al. / Geochimica et Cosmochimica Acta 104 (2013) 232–260 255
4.3.2. Partial melts of eclogite and magma mixing

Partial melting of recycled oceanic crust is widely con-
sidered to contribute in part to the genesis of OIB based
on major element chemistry (Hauri, 1996; Kogiso et al.,
1998, 2003), trace element ratios (Hofmann and White,
1982; Weaver, 1991; Chauvel et al., 1992), and isotopic ra-
tios (Hofmann and White, 1982; Christensen and Hof-
mann, 1994). We consider a model of partial melting of
MORB-like eclogite to determine whether these melts have
FRTE ratios that are a better fit for OIB than partial melts
of peridotite. Partition coefficients for many FRTE relevant
to partial melting of eclogite are provided by a trace ele-
ment partitioning study in the eclogite + melt system by
Pertermann et al. (2004). These partition coefficients form
the basis of the eclogite partial melting model; the details
of model are described in the Appendix.

The results of the eclogite partial melting model are pre-
sented along with model partial melts of peridotite and OIB
compositions in Fig. 13. In each part of Fig. 13, the lowest
melt fraction partial melts of eclogite plot furthest from the
partial melts of peridotite. For most of the ratios consid-
ered, the MORB and AOC compositions plot over top of
each other with the AOC melts plotting at less extreme
compositions for a given melt fraction. The only significant
exception is that partial melts of the AOC composition
have much lower Co/Fe than do the MORB compositions.
AOC has both higher Fe and lower Co concentrations than
does average MORB. Fe/Mn, Zn/Fe, Ga/Sc, and Ga/Ge
(not shown) all decrease with increasing melt fraction. V/
Sc and Co/Fe are relatively insensitive to melt fraction ex-
cept that Co/Fe increases significantly in the melt once gar-
net is exhausted from the residue (the highest melt fraction
point).

Low-degree partial melts of eclogite do not resemble
OIB in any of these ratios. As melt fraction increases, par-
tial melts of eclogite move along compositional trajectories
toward partial melts of peridotite. At extremely high melt
fractions, when cpx is the only residual phase, FRTE ratios
of partial melts of eclogite become indistinguishable from
near-solidus partial melts of peridotite (with the notable
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exception of Co/Fe in partial melts of the AOC starting
composition). The choice of starting compositions is crit-
ical to estimates of the minimum melt fraction required
for a pyroxenite partial melt to fall into the field of
OIB compositions. For the MORB starting composition,
partial melts have FRTE ratios more extreme than any
primitive OIB at melt fractions <0.60 (�1475 �C at
3 GPa). If the AOC starting composition is considered,
then lower-degree melts appear to be plausible primary
OIB magmas, except that even the lowest Co/Fe ratios
in primitive OIB are a factor of two higher than the most
Co-rich partial melts of AOC.

Few primitive OIB appear to be consistent with deriva-
tion solely from fertile garnet peridotite, and few if any are
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consistent with derivation solely from eclogitic partial
melting, so we must consider the possibility that OIB re-
sult from magma mixing. First, let us consider partial
melting of peridotite and eclogite under similar conditions
beneath oceanic lithosphere (�100 km depth, P � 3 GPa).
The solidus of garnet peridotite at these pressures is
�1450 �C (Davis et al., 2011). MORB-like eclogite will
have reached a melt fraction >0.50 at this temperature
(Pertermann and Hirschmann, 2003). This suggests that
magma mixing is most likely to occur between low-degree
partial melts of peridotite and high-degree partial melts
of eclogite. We have not included mixing curves in
Fig. 13 to avoid clutter, but a casual examination of
these compositional graphs reveals compositional groups
of OIB that are not easily reconciled by this kind of mag-
ma mixing scenario. In Zn/Fe–Fe/Mn space, mixing
curves will be convex up, suggesting that OIB with high
Fe/Mn and low Zn/Fe do not result from mixing perido-
titic and eclogitic partial melts. Such melts are compatible
with the hypothesis that the melting source region is en-
riched in Fe relative to the rest of the upper mantle
(Humayun et al., 2004; Qin and Humayun, 2008). In
Ga/Sc–Fe/Mn and Ga/Sc–Zn/Fe space, mixing curves
will be convex down. Any addition of eclogitic partial
melts to account for high Fe/Mn or Zn/Fe is accompa-
nied by excessive increases in Ga/Sc of the resulting
mixed magma. This can be remedied if we allow mixing
of high-degree partial melts of peridotite with near-soli-
dus melts of eclogite, but these magmas will not be stable
at the same temperatures and pressures.

We have not considered the possibility that near-solidus
partial melts of eclogite react with peridotite below its sol-
idus to form pyroxenite, which may then produce magmas
with characteristics intermediate to partial melts of perido-
tite and eclogite (e.g., Yaxley and Green, 1998; Sobolev
et al., 2005, 2007). This process is too complex to address
in this study, although perhaps from the point of view of
trace elements, mixing between low-degree melts of both
sources could be considered a close approximation. It
may be that partial melting of reaction pyroxenite is
broadly compatible with FRTE compositions of primitive
OIB, but we urge caution in attempting to quantify precise
contributions of such lithologies to particular magmatic
suites. Any model attempting to do so must make assump-
tions about the degrees of melting of the eclogite, the result-
ing reaction pyroxenite, and the peridotite end-member, as
well as starting compositions and residual modes for each
of these lithologies. We have shown that each of these vari-
ables is of critical importance to the resulting melt compo-
sitions, even when limited by the restricted compositional
range we have considered.

5. CONCLUSIONS

Experimentally determined partition coefficients for
near-solidus partial melting of garnet peridotite at
3 GPa confirm that high modal proportions of cpx and
garnet in a peridotite melting source tend to drive melts
to higher Fe/Mn, while residual olivine tends to counter-
act this effect. Residual cpx and garnet are more efficient
at fractionating Zn and Fe than is olivine, although Zn is
less compatible than Fe in all peridotite mineral phases.
Trivalent cations like Sc3+ and Ga3+ are also strongly frac-
tionated by residual garnet and spinel, but not by other man-
tle phases. These partition coefficients were used to model
partial melting of peridotite at 3 GPa for comparison with
primitive OIB. While model partial melts of peridotite are
similar to many OIB when key FRTE ratios are considered
individually, few OIB resemble partial melts of peridotite
when multiple ratios are considered simultaneously. There
remains an important caveat that some of these ratios in nat-
ural basalts may have been affected by weathering, and the
effects of post-magmatic alteration on FRTE ratios are
poorly constrained. A clear result of the model is that FRTE
ratios in peridotite-derived melts are sensitive to modal min-
eralogy, melt fraction, and source composition. The model
supports the interpretation that many OIB have greater
Fe/Mn than can be achieved by melting of fertile garnet peri-
dotite, at least under relatively reducing conditions. Partial
melts of peridotite are also expected to have greater Co/Fe
than most primitive OIB. Some OIB have higher Zn/Fe than
can be reconciled with partial melting of peridotite, although
this ratio is not nearly as effective as Fe/Mn or Co/Fe at iden-
tifying basalts from non-peridotitic sources. We add to these
petrogenetic indicators Ga/Sc, which is highly sensitive to the
presence of garnet in the residue. Nearly all OIB have Ga/Sc
consistent with derivation from garnet peridotite.

Fe/Mn, Zn/Fe, and Co/Fe are sensitive to the choice of
peridotite source composition. We have considered three
different fertile peridotite compositions in our melting mod-
el, but these may not completely describe the range of po-
tential peridotite melting sources available in the upper
mantle. It is difficult to evaluate how well these three com-
positions represent global peridotite variation because
many of the FRTE and Ga and Ge are often overlooked
in trace element studies of peridotites and basalts. While
we cannot determine precisely the effect of melting under
conditions more oxidizing than our experiments, partial
melts of peridotite generated at greater fO2 should lead to
higher Fe/Mn and lower Co/Fe and Zn/Fe, more similar
to some OIB.

Mixing of partial melts of peridotite with melts from
recycled lithologies is broadly consistent with FRTE sys-
tematics of OIB; however this is largely dependent on the
assumed composition of recycled oceanic crust. For exam-
ple, if mantle eclogites have FRTE compositions similar to
altered oceanic crust, then it may be difficult to reconcile the
melts they produce with the much higher Co/Fe ratios of
OIB. Partial melting of reaction pyroxenites may be in-
volved in the production of OIB, but we urge caution when
applying models to quantify their contributions to OIB gen-
esis. Such models are dependent on poorly-constrained
assumptions about compositions, modal mineralogy, and
melt fractions of recycled oceanic crustal lithologies. Final-
ly, models of core–mantle interaction that assume physical
entrainment of metal into OIB sources fail to predict the
magnitude or the direction of the observed trends in Co/
Fe ratios.
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